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It has been proposed that the Asian-Australasian monsoon system is influenced by
large-scale sea-surface temperature (SST) variability in the three tropical oceans al-
though how this influence is manifested has remained a largely open question. Closure
of this issue is important because it is needed to explain trends in monsoon precipi-
tation and circulation that have occurred in the last 30 years. Using an atmospheric
general circulation model, we run a series of experiments with different configurations
of global SST relating to various epochs occurring during the last century to evaluate
their influence on the monsoon. Comparisons of circulation fields show that a colder
SST configuration generates a weaker large-scale monsoonal circulation. On the other
hand, warmer SST states generate stronger large scale circulations with more vigor-
ous centers of divergence and convergence. Warmer SST configurations are associated
with positive anomalies of precipitation in the eastern Bay of Bengal, Eastern Indian
Ocean and South East Asia. Cooler SST configurations are associated with negative
anomalies of precipitation in the Arabian Sea and Indian peninsula, especially at the
beginning of the summer. Since SST gradients determine, to a large degree, the low
level flow, they are also going to influence the transport of atmospheric moisture.
Comparison of vertically integrated moisture transport fields between the different
experiments show that cold SST configuration favors an increased inter-hemispheric
flow of moisture but decreases in the westerly moisture flow in to the Bay of Bengal
and India. Warm SST configurations, on the other hand, strengthens westerly flow
into the eastern Indian Ocean. An increasing availability of moisture in a region
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of stronger convergence constitutes a favorable environment for the production of
monsoonal precipitation.
Part II
African easterly waves (AEW) constitute an important component of the African and
tropical Atlantic Ocean climate during the boreal summer. An understanding of this
component is essential since AEW are closely related with tropical Atlantic storm
activity. We adopt an idealized modeling approach using the WRF model initialized
with ERA-40 reanalysis data to study the mechanisms that trigger the formation and
maintenance of AEW. The model domain includes the African continent, central and
eastern Atlantic Ocean and the western Indian Ocean. Experiments are designed to
test the relative importance of the thermal effect of the eastern African topography
and the influence of the cross-equatorial pressure gradient, induced by the sea sur-
face temperature (SST) on the origins and maintenance of AEW. Topography and
SST variation are selectively added and removed. The control experiment shows that
the model reproduces many of the mean features observed during the boreal summer.
Westward propagating disturbances of 3 – 8 day period that originate between 30◦ and
40◦E at the surface levels and in the mid troposphere are well depicted. In addition,
the model provides a reasonable representation of the AEJ. When all topographic
features are removed, there is a weakening of the AEJ over land and ocean, however,
longitude – time sections of meridional velocity still exhibit westward propagating
disturbances that reach the western African coast at the surface and at the jet level
with the same 3 – 8 day period. Spectral analysis of meridional velocity show that
the variability associated with AEWs is reduced over East Africa and West Africa
at 850-hPa and is reduced west of 20◦E along the southern flank of the jet and over
northern Africa at the jet level. Maximum amplitude of the disturbances occurs right
at the coast. The spatial distribution of barotropic and baroclinic energy conversions
explains the reduction in AEWs over land and the intensification of these features at
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the coast. When the zonal SST gradient is removed, a weaker AEJ displaces south-
ward and a weaker monsoon flow ensues. Spectral analysis of meridional velocity
displays a variance reduction in the 3 – 8 day band at the 850-hP a level in western
and eastern Africa and at the coast. At the 650-hPa level significant changes are
not observed at the latitude of the AEJ (15◦N), however, a decrease in the variance
associated with AEW occurs at the southern flank of the jet. A southward displace-
ment of the jet favors a weakening of the baroclinic energy conversions. Barotropic
conversions also appear to be weaker when the SST gradient is removed. The present
study suggests that orography plays an important role in determining the variability
of meridional wind associated with AEW over Eastern Africa at the lower levels. Fur-
ther, zonal SST gradients over the Atlantic favor intensification of waves when they
reach the coast and the maintenance of disturbances across the Ocean. Also, results




Monsoons are a response of the coupled land-ocean-atmosphere system to annual
variations of solar radiation forcing. The major monsoon systems in the world are
the Asia-Australian, African and the American monsoon. These systems are charac-
terized by seasonal reversals in atmospheric circulation and associated precipitation
(Webster et al. 1998). Due to regional differences, each of these monsoons sustains
distinct circulation characteristics and intensity.
The Asian monsoon is a major component of the general atmospheric circulation.
During the boreal summer, winds flow from the Southern Indian Ocean, transport-
ing moisture and producing large amounts of precipitation over South Asia and the
adjacent ocean regions (Hoyos and Webster 2007). During the winter, dry winds flow
from the cold land areas of Asia and converge over the warm Southern Indian Ocean,
Indonesia and the north of Australia, generating the precipitation of the Australian
monsoon.
The African monsoon is characterized by a poleward migration of peak rainfall up
to about August, followed by a more rapid retreat. During the boreal summer months,
a southwesterly wind coming off the Gulf of Guinea brings humid air over West Africa.
A zone of surface wind convergence develops where the southwest monsoon meets the
dry desert air. South of this region of convergence, a zone of deep convection forms.
This zone of precipitation brings large amounts of rainfall over the Sahel/Guinea
coast region (Nicholson 2009).
These monsoon systems exhibit variability on various timescales. This variability
is manifested in large-scale aspects of the monsoon and also in its associated weather
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systems. The variability of the monsoons is largely determined by the slowly varying
boundary conditions from the underlying oceans and land (Charney and Shukla 1981).
Perhaps, the leading impacting factor is the sea surface temperature. Many studies
have attempted to explain how the sea surface temperature modulates the monsoon
variability. However, due to the complexities of the systems, this modulation is still
not well understood.
Variability of the monsoon systems on these various timescales has major socioe-
conomic impacts in Asia and Africa. Climatic extremes, such as flooding and drought,
have a direct impact on agricultural production and livelihoods. In addition, it also
affects the management of water resources and it is directly related to societal health
issues.
The South Asian and West African societies are particularly vulnerable to the
variability of rainfall associated with the monsoon. Understanding how monsoon
changes on different time scales and how it responds to actual and future changes in
SST is a key scientific issue.
Thesis outline
This study centers on the understanding of the variability of the monsoon systems
on diverse time scales. In Part 1 we study the interdecadal variability of the Asian
monsoon noting the importance of SST variability on the monsoon’s evolving nature.
For this purpose, we utilized an atmospheric general circulation model and designed
a number of experiments in which only the sea surface temperature fields are mod-
ified. Chapter 2 discusses relevant aspects of the variability of the Asian monsoon.
Chapter 3 describes the model and the observational data set used in this study. In
Chapter 4, we describe the changes in the monsoon circulation forced by changes in
the distribution of sea surface temperature. Finally, in Chapter 5, we explore the
interconnection that exists between sea surface temperature, atmospheric circulation
and moisture availability over the main Asian monsoon regions.
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In Part 2 we look at the most rapid variability of a monsoon circulation associ-
ated with dynamic instabilities of the mean flow. We use a regional model to explore
the role of orography and cross-equatorial pressure gradients induced by SST in the
genesis and maintenance of African easterly waves. These features are an important
component of the African monsoon and are linked to the generation of rainfall over
West Africa. Chapter 6 describes the large-scale features of the African monsoon cli-
mate and reviews relevant studies concerned with the origin and dynamics of African
easterly waves. Chapter 7 describes the regional model and the experimental de-
sign. Chapter 8 discusses changes in African easterly wave variability associated with
orography and sea surface temperature gradients. Chapter 9 concentrates on the in-
stability mechanisms and energy conversions that lead to the development of African
easterly waves and how they are modified when orography and sea surface tempera-
ture gradients are removed. Finally, Chapter 10 summarizes salient conclusions from
Part 1 and Part 2.
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CHAPTER II
VARIABILITY OF THE ASIAN MONSOON
A monsoon is a large-scale circulation system characterized by seasonal reversals in
both atmospheric circulation and precipitation, typically wet during the summer and
dry in the winter. This distinctive annual cycle arises essentially from the development
of cross-equatorial pressure gradients produced by the differential heating of land
and ocean, the consequent generation of meridional pressure-gradient forces resulting
from the differential heating and the modification of the differential heating by moist
processes (Webster 1987; Webster and Fasullo 2003). To understand the physical
nature of a particular monsoon system, each of these processes has to be considered
in conjunction with planetary rotation and the influence of regional effects such as
the geographical distribution of land and ocean and orography.
The major monsoon systems in the world are the Asia-Australian, African and
the American monsoon. Although the latter has not been identified with wind rever-
sals, it qualifies as a monsoon in terms of precipitation (Webster et al. 1998). Due
to regional differences, each of these systems sustains distinct circulation character-
istics and intensity. Compared to the Asian-Australian monsoon, the African and
the American monsoon are relatively weak. Perhaps the greater difference between
the Asian monsoon and the two other systems is the existence of major orographic
features around the Indian Ocean basin that act as mechanical barriers and elevated
heat sources. The impact of these differences is rather profound. The African and
Australian monsoons possess maximum precipitation that decreases more or less lin-
early from about 10 degrees of latitude towards the poles. The Asian monsoon, on the
other hand, possesses elongated precipitation maxima that extend from the equator
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to 30 – 35◦N (Hoyos and Webster 2007).
The Indian Ocean is bordered to the west by the East African Highlands and to
the north by the Himalayas and the Tibetan Plateau. The East African Highlands
act as a mechanical barrier to the low level cross-equatorial flow from the Southern
Indian Ocean, providing a western boundary intensification known as the Somali jet
(Findlater 1969a,b; Krishnamurti et al. 1976; Hart 1977). The Tibetan Plateau and
the Himalayas act as an elevated heat source during summer that induces upward
motion and sustained rainfall over South East Asia (Flohn 1957; Flohn and Reiter
1968; Hahn and Manabe 1975; Yanai et al. 1992; Yanai and Li 1994) , Riehl 1969).
These geographical features clearly influence the establishment, strength and mainte-
nance of the monsoon circulation (Webster et al. 1998). Flohn (1957) postulated that
the seasonal heating of the elevated surface of the Tibetan Plateau and the conse-
quent reversal of meridional temperature and pressure gradients south of the Plateau
trigger a large-scale change of the general circulation over East Asia and the mon-
soon burst over the Indian subcontinent. Later, Hahn and Manabe (1975) performed
numerical experiments to study the effect of the Himalayas on the establishment of
the monsoon circulation and found that the presence of the mountains is essential in
maintaining the South Asian low pressure system. Yanai et al. (1992) suggested that
the time evolution of the general circulation over Asia from mid-spring to summer
can be described in terms of an interaction of the vertical circulation induced by the
heated Tibetan Plateau with the principal monsoon system that migrates northward.
The Asian monsoon is a major component of the general atmospheric circulation.
During the boreal summer, winds flow from the South Indian Ocean, transporting
moisture and producing large amounts of precipitation over South Asia and the ad-
jacent ocean regions (Hoyos and Webster 2007). During the winter, dry winds flow
from the cold land areas of Asia and converge over the warm Southern Indian Ocean,
Indonesia and the north of Australia, generating the precipitation of the Australian
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monsoon. Overall, the monsoon precipitation provides the main source of fresh water
for over a third of the world’s population and is crucial for the economy and livelihood
of the Asian and African countries.
Monsoon rainfall is thus essential to human life. Variations in monsoon rainfall
affect agriculture, drinking water, transportation, health, power and the subsistence
of billions of people. Understanding how monsoon changes, not only from year to
year, but also as a response to actual and future changes in SST is a key scientific
issue.
In the following sections, relevant aspects of the variability of the Asian monsoon
are discussed. Special attention is given to the influence of sea surface temperature
(SST) on the Asian monsoon.
2.1 Internannual variability of the Asian monsoon
The Asian monsoon exhibits significant variability on a wide range of timescales
ranging from the intraseasonal to the interannual (Hoyos and Webster 2007). On
interannual time scales, the monsoon displays variability in three major frequency
bands. According to Webster et al. (1998) these bands are the biennial period (e.g.
Yasunari 1987, 1991; Webster et al. 1999), multiyear variability associated with El
Nino and Southern Oscillation (ENSO; e.g. Shukla and Paolino 1983; Shukla 1987)
and interdecadal variability (e.g. Mooley and Parthasarathy 1984; Kripalani et al.
1997; Mehta and Lau 1997). Charney and Shukla (1981) suggested that the long-
term variability of the monsoon is determined by slowly varying components of the
climate system such as the SST rather than by synoptic-scale instabilities.
Extensive studies have been carried out to understand the relationship between
ENSO-monsoon and the responsible physical mechanisms for the connection (e.g.
Webster and Yang 1992; Lau and Nath 2000; Slingo and Annamalai 2000). One
of the most important results is that warm ENSO events are often accompanied by
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below normal monsoon rain over Indian, whereas wetter than normal conditions occur
during cold events. Furthermore, the summer monsoon circulation over South Asia is
generally weaker than normal during an El Nino and stronger during a La Nina (e.g.
Shukla and Paolino 1983; Webster and Yang 1992; Lau and Yang 1997).
The statistical relationship between ENSO and the monsoon provides evidence
that the Pacific Ocean sea surface temperature (SST) anomalies influence the Asian
monsoon. The specific effect of tropical central eastern Pacific SST variability on
the monsoon has been the object of study of a number of numerical studies with
atmospheric general circulation models (e.g. Palmer et al. 1992; Webster and Yang
1992; Soman and Slingo 1997; Arpe et al. 1998; Yang and Lau 1998; Lau and Nath
2000). All these studies have been carried out to understand a variety of aspects of
the ENSO-monsoon relationship and the underlying physical mechanisms.
Soman and Slingo (1997) explored the sensitivity of the Asian summer monsoon
(ASM) to SST variability in the tropical Pacific Ocean using two particular case
studies for years 1983 (a weak monsoon year) and 1984 (a strong monsoon year). Their
sensitivity experiments demonstrated that the modulation of the Walker circulation
by SST variations in the equatorial Pacific is the dominant mechanism by which the
ASM is weakened during warm ENSO events. During cold events, the modulation of
the Walker circulation appears not to be a dominant factor, suggesting that cold SST
anomalies in the central/east Pacific may not affect the strength of the monsoon. On
the other hand, warm anomalies in the west Pacific associated with La Nina events
enhance convective activity over the western Pacific leading to stronger monsoons
(Soman and Slingo 1997).
Yang and Lau (1998) also found a nonlinear response of the monsoon circulation
to warm and cold SST anomalies in the central-eastern tropical Pacific. Moreover,
they noticed that the diminution of monsoon circulation associated with the warm
eastern Pacific SST anomalies was accompanied by a broad-scale reduction in water
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vapor convergence over Asia and the consequent decrease of monsoon rainfall.
Although there is a clear connection between the Asian monsoon and ENSO, it is
not possible to predict the strength of the monsoon from the phase of ENSO alone,
because the monsoon-ENSO correlations have variable lead-lag times (Webster and
Yang 1992)). In addition, Torrence and Webster (1999) showed that the ENSO-Asian
monsoon relationship has experienced changes on the interdecadal and decadal time
scales. Moreover, there are other factors besides ENSO that modulate the interannual
variability of the monsoon such as regional SST variability, residual soil moisture and
land surface processes (e.g. Medina et al. 2010) and remote impacts from the Atlantic
Ocean (e.g. Kucharski et al. 2007, 2008, 2009) and higher latitudes (e.g. Yasunari and
Seki 1992; Krishnan and Sugi 2003; Lu et al. 2006; Li et al. 2008).
2.1.1 Role of the Indian Ocean
The variability of SST in the Indian Ocean and other coastal water domains also
influences the Asian monsoon (e.g. Shukla 1975; Arpe et al. 1998; Clark et al. 2000;
Slingo and Annamalai 2000; Rajeevan et al. 2008) although these SST variations
are not always independent of ENSO. However, there is evidence that the Indian
Ocean SST often varies differently from the SST over the central-eastern Pacific on
interannual time scales. Regional SSTs influence the Asian monsoon through changes
in land-sea meridional thermal contrast, surface heat and moisture fluxes, and direct
moisture supply. A rise in SST can enhance rainfall through an increase in surface
evaporation and moisture supply in the atmosphere. Additionally, an increase in
temperature over the ocean during summer reduces the land-sea thermal contrast.
This reduction decreases the cross-equatorial pressure gradient and the intensity of
the monsoon circulation (Shukla 1975; Meehl 1987; Clark et al. 2000).
Chandrasekar and Kitoh (1998) performed numerical experiments to assess the
relative importance of local SST forcing and moisture supply effects on the ASM.
8
Their results suggested that positive SST anomalies over the equatorial Indian Ocean
intensify precipitation locally but favor a weakening in monsoon rainfall over the
South Asian land areas. The Chandrasekar-Kitoh study illustrates the importance of
location of Indian Ocean SST anomalies to ensuing monsoon rainfall.
Observational studies (e.g. Clark et al. 2000; Terray et al. 2003) have also high-
lighted the importance of the location of SST anomalies in the Indian Ocean on the
ASM. Clark et al. (2000) found that winter SSTs over the Arabian Sea and northwest
Australia and autumn SSTs over the central equatorial Indian Ocean are positively
correlated with Indian monsoon rainfall in the following summer. The studies also
noted that these correlations exhibited interdecadal variation associated with changes
on the background climate, affecting the predictive relationships between the Indian
Ocean SST and the monsoon rainfall. Terray et al. (2003) found that winter SSTs
over the southern Indian Ocean are strongly linked to the Indian summer monsoon.
Another interesting aspect of the relationship between Indian Ocean SST and
the Indian monsoon is the biennial nature of this variability. Strong tropospheric
biennial oscillations (TBO) signals are evident in the variability of both precipitation
and circulation of the Asian monsoon (e.g. Mooley and Parthasarathy 1984; Meehl
1987; Yasunari 1990; Webster et al. 1998; Li et al. 2001). In the context of the
TBO, warm SST anomalies throughout the tropical Indian Ocean favor enhanced
precipitation over the ocean and South Asian land areas leading to a strong Australian
monsoon in the subsequent boreal winter (Meehl and Arblaster 2002b). Yu et al.
(2003) demonstrated that the Indian Ocean plays a more crucial role than the Pacific
Ocean in the TBO transition from a strong Australian monsoon to a weak Indian
summer monsoon.
The discovery of the Indian Ocean dipole (IOD, e.g. Webster et al. 1999; Saji
et al. 1999) as an important mode of variability of the Indian Ocean, suggested the
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possibility of interactions between the IOD and the ASM. Ashok et al. (2001) sug-
gests that IOD events enhance ISM rainfall through a modification of the meridional
circulation cell over the Indian sector in summer. Li et al. (2003) suggested that a
strong ASM seems capable of forcing an IOD. Webster et al. (2002) developed a more
general theory of the regulation of the coupled ocean-atmospheric monsoon system,
in which the slow dynamics of the IOD are an inherent feature of the Asian summer
monsoon and the TBO. This theory explains how changes in the monsoons winds
between strong and weak monsoon create zonal wind anomalies leading to anomalies
in the SST distribution, forcing a negative or positive dipole in the fall (Loschnigg
et al. 2003)
Overall, the Indian Ocean SST plays an important role in influencing the ASM.
Modeling studies (Yang and Lau 1998; Meehl and Arblaster 2002a) demonstrated that
the effect of anomalous SST over the Indian Ocean, in conjunction with SST anomalies
over the Pacific, was dominant over the effect of land surface processes. Furthermore,
variations of the Indian Ocean SST exhibit complex patterns, preventing a clear
understanding of the relationship between the ASM and the Indian Ocean SST. In
addition, the study of the impact of localized SST Indian Ocean anomalies on the
ASM provides a partial understanding of the connection between these two entities.
Since the ASM is a climate system that affects the global climate, it is likely to be
driven by SST anomalies over large oceanic regions.
2.1.2 Interdecadal variability
The economy of India is still highly dependent on agriculture, which is why rainfall
related events such as drought and flood lead to significant crop failure and societal
distress across the country. Most recently, in 2002 and 2009, the average rainfall
over India was >20% below average. Each year over 40 million Indians are affected
directly by flooding. Consequently, it is important to understand when precipitation
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variability has occurred and why it has occurred as preludes to prediction of long-term
rainfall variability.
Precipitation over South Asia and atmospheric circulation fields show variability
from one year to another. The most dominant mode of interannual variability of
summer monsoon precipitation is associated with a dipole-like variation of rainfall
between South Asia and South East Asia (Goswami et al. 1999). Principal component
analysis of zonal winds at 200-hPa reveals that variability in the mean easterlies-
westerlies and the south Asian High represents an important element of the nature
of principal monsoon modes (Yang and Lau 2006; see Figure 2.1).
In an attempt to quantify interannual monsoon variability, a series of monsoon
indices have been developed to measure different components of the monsoon system
(Wang and Fan 1999). Perhaps the mostly widely used index is the ”all-India” mon-
soon rainfall (AIMR) index, which is defined by the seasonally averaged precipitation
over all the Indian subdivisions from June to September (Mooley and Parthasarathy
1984). In spite of the spatial differences in rainfall within the country, AIMR appears
as a good indicator of the variability of the large scale monsoon over India. Other
indices that are widely used are the Webster and Yang monsoon index (Webster and
Yang 1992) and the meridional monsoon index (Goswami et al. 1999). The definition
of these indexes is based on dynamical assumptions (see Appendix A for a list of
indices and their respective definitions).
Several components of the Asian monsoon also exhibit significant interdecadal
variability. Figure 2.2 displays normalized anomalies of June-September (JJAS) rain-
fall over all India based on AIMR index. The mean AIMR rainfall for the summer
season is 851.8 millimeters and the standard deviation is 82.63 millimeters. June-
September rainfall contributes to more than 70% of the annual rainfall (Guhathakurta
and Rajeevan 2008; Parthasarathy et al. 1993). The solid curve in Figure 2.2 rep-
resents the normalized 11-year running mean of the AIMR. The normalized rainfall
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during the periods 1878 - 1898 and 1931 - 1960 is above the long term mean while
during the periods 1898 - 1929 and 1961 - 2000 is below the long term mean. Such
epochal variation of the Indian summer monsoon rainfall with multidecadal quasi-
periodicity has been documented in previous studies (Parthasarathy et al. 1994; Kri-
palani and Kulkarni 1997; Krishnamurthy and Goswami 2000; Guhathakurta and
Rajeevan 2008). Interdecadal variability has also been noted in other monsoon com-
ponents such as the frequency of cyclones in the Indian monsoon region (Joseph 1976)
and the position of the 500-hPa ridge (Kripalani et al. 1997).
Goswami (2006) studied the interdecadal variability of the summer season mean
maximum and minimum surface temperature, and its relation to rainfall variabil-
ity. His analysis showed that after detrending the time series, both minimum and
maximum temperature show significant interdecadal variability similar to that of the
monsoon rainfall over India. The interdecadal variation of the maximum summer
surface temperature was highly negatively correlated with that of the AIMR and
the interdecadal variation of summer minimum temperature was positively correlated
with that of AIMR. These results suggest that there is coherent evolution of precipi-
tation and surface temperature over India on interdecadal time scales.
The interdecadal variability of the monsoon associated with ENSO interdecadal
variability has received most attention. Mehta and Lau (1997) showed that inter-
decadal variability of AIMR is negatively coherently correlated with the Nino-3 SST
(area averaged SST over the eastern Pacific region 5◦S-5◦N, 90◦-150◦W), suggesting
that there is a strong link between interdecadal variability of Pacific SST and that of
the Indian summer monsoon. Wavelet analysis by Torrence and Webster shows that
the annual cycle variance of the ASM is negatively correlated with ENSO variance
on interdecadal time scales. In addition, the coherency between these two climate
components has undergone interdecadal changes (Torrence and Webster 1999) with
ENSO-monsoon relationship weakening during the last 20 years (e.g. Torrence and
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Webster 1999; Krishna Kumar et al. 1999). Recently, a number of studies have
attempted to understand the reasons for the long-term change of the ENSO-ASM
relationship (e.g. Krishnamurthy and Goswami 2000; Wu and Kirtman 2003). Kr-
ishnamurthy and Goswami (2000) presented empirical evidence to support the hy-
pothesis that the interdecadal variations of the Indian monsoon are an integral part
of a coupled monsoon-SST mode. Wu and Kirtman (2003) used a general circula-
tion model to analyze the impacts of monsoon variability on ENSO evolution. They
demonstrated that a strong or weak monsoon has significant effects on an ongoing
warm ENSO event. The monsoon impacts are manifested in the surface zonal wind-
stress anomalies in the western central equatorial Pacific. Cold events, on the other
hand, experience much weaker impacts from monsoon anomalies. The also found no
apparent relationship between the long-term changes of the monsoon-ENSO corre-
lation and the long-term changes of anomalies in the monsoon and tropical Pacific
regions.
2.1.3 Trends in precipitation and sea surface temperature in the Asian
monsoon region
A trend analysis of the AIMR index was performed using the Mann-Kendall test
(Hirsch et al. 1982). The 11-year running mean of the AIMR shows a long term
insignificant decreasing trend. Values of the Mann-Kendall test statistic are indicated
in Figure 2.2. The declining trend in monsoon rainfall over India is also not significant
if the summer rainfall is analyzed from 1925 onwards.
A closer look at the AIMR time series during the last ”dry” epoch shows that
during the period 1981 - 2000 there were five years with less precipitation than the
mean value minus one standard deviation (deficit years) and three years with more
precipitation than the mean value plus one standard deviation (excess years). During
the period 1961 - 1980 there were six deficit years and three excess years. Decadal
means from 1961 to 2000 exhibit negative departures from the long term mean (see
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Table 2.1: Decadal rainfall departure from long term mean






It has been suggested that India as a whole covers too large of a geographic area to
be studied as a single unit (e.g. Normand 1953; Webster et al. 1998; Ghosh et al. 2009)
and variability at the regional scale should be considered when investigating trends
(Guhathakurta and Rajeevan 2008). For this reason, a trend analysis of summer
precipitation (JJAS) was carried out for the 30 meteorological subdivisions of India.
Results for the subdivision analysis from 1871 onwards are shown in Table 2.2 and
Figure 2.3. Over the entire period, decreasing trends are observed in 20 subdivisions.
Of these subdivisions, three exhibit significant decreasing trends, namely Naga Mani
Mizo & Tripura at 99% significance level; East MP at 95% significance level; Chat-
tisgarh at 99% significance level. Increasing significant trends are observed in four
subdivisions such as Coastal Karnataka (90%); Konan & Goa (90%); Punjab (95%);
and Haryana (90%). Figure 2.3 depicts considerable variations on the regional scale.
When the trend analysis is performed from 1925 onwards, the number of subdi-
visions with significant decreasing trend increases from three to eight. Most of these
subdivisions are located in central India and north-east India. Subdivisions located
over West India have not significant decreasing trends. Guhathakurta and Rajeevan
(2008) observed significant decreasing trends over Chattisgrah, Jharkhand and Ker-
ala during the monsoon season, using a different dataset. Krishnakumar et al. (2009)
also reported a significant decrease is south-west monsoon rainfall over Kerala. Ker-
ala State is located in the west side of the southern tip of India and it is popularly
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known as the ”Gateway of summer monsoon” over India.
An examination of monsoon rainfall time series over Kerala and other subdivisions
located over west India and south-west India (Figure 2.4) shows that rainfall over
Kerala was mostly less than the long term mean from 1980 to 2005. Monsoon rainfall
over North Karnataka, South Karnataka, Konan & Goa and Coastal Karnataka depict
less rainfall than the long term mean mostly after 1990.
In a recent study based on daily gridded rainfall, Dash et al. (2009) found signifi-
cant changes in frequencies of different categories of rainfall over India as a whole and
over six homogenous rainfall zones. In particular, they found a decreasing trend in
the occurrences of long rain spells. Long term decreasing trends in summer rainfall
over regions of India has also been reported by Kumar et al. (1992), Dash et al. (2007)
and Krishnakumar et al. (2009).
The shift in the rainfall patterns over India during the last 20 years has been
attributed to a weakening of the monsoon circulation over South Asia (Kripalani
et al. 2007; Dash et al. 2009). Figure 2.5 shows the shear monsoon index designed
by Webster and Yang (1992). This index is defined by a time-mean zonal wind
shear between 850 and 200-hPa, averaged over south Asia from the equator to 20◦N
and from 40◦ to 110◦E. The index corresponds to the first baroclinic mode which is
supposedly forced by monsoon convective heating. An examination of the evolution
of this index shows a change in the mean of the index around 1971. Before this year
the mean was positive (0.8) and after this year the mean has a negative value (-0.6).
Since this index is an indicator of the strength of the monsoon, a change in the mean
to a negative value suggests that the monsoon circulation is weakening.
Some studies have reported a southward shift in the location of the low level
westerly jet that brings moisture over India during summer (e.g. Joseph and Simon
2005) while others suggest that there is a decreasing trend in monsoon depression
frequency during the last century (Joseph and Xavier 1999; Dash et al. 2004). Chung
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Table 2.2: Trend analysis for 30 subdivisions of India
Subdivision Slope M-K statistic 
Assam & Meghalaya       -0.638 -1.543 
Naga.Mani.Mizo.&Trip.   -1 -2.716* 
Sub-Hima. W. Bengal     -0.575 -0.805 
Gangetic W. Bengal      0.579 1.507 
Orissa                  -0.451 -1.252 
Jharkhand               -0.442 -1.242 
Bihar                   -0.518 -1.08 
East Uttar Pra.         -0.134 -0.308 
West U.P. Plains        -0.389 -0.991 
Haryana                 0.567 1.752* 
Punjab                  0.846 2.184** 
West Rajasthan          -0.03 -0.114 
East Rajasthan          -0.537 -1.419 
West Madhya Pradesh     -0.493 -1.354 
East Madhya Pradesh     -0.89 -2.081* 
Gujarat                 -0.284 -0.43 
Saurashtra & Kutch      -0.054 -0.107 
Konkan And Goa          1.557 1.731* 
Madhya Maharashtra      0.001 0.01 
Marathwada              -0.208 -0.496 
Vidarbha                -0.581 -1.299 
Chattisgarh             -1.288 -2.836** 
Coastal Andhra Pra.     0.369 1.638 
Telangana               0.3 0.801 
Rayalaseema             0.214 0.715 
Tamil Nadu              -0.02 -0.146 
Coastal Karnataka       1.807 1.659* 
North  Int. Karnataka   -0.055 -0.196 
South Int. Karnataka    0.184 0.689 
Kerala                  -1.276 -1.556 
Red values indicate negative significant trends at a 95 %(*) and 99% (**) level. Blue 
values indicate positive significant trends at a 90% (*)and  95% (**) level 
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and Ramanathan (2006) showed a summertime weakening of the North Indian Ocean
meridional SST gradient for the period 1950 - 2002, which could lead to a weakening
of the monsoon circulation and the subsequent diminution of summer rainfall over
India. Meehl et al. (2008) suggested that the radiative effects of black carbon aerosols
over South Asia could explain the changes in SST over the Northern Indian Ocean
during the summer season.
From the discussion above it is clear that several factors control monsoon vari-
ability. Among all the external causes of interannual and interdecadal variability of
the ASM, SST variability appears to be the leading impacting factor (Chao and Chen
2001). Time series of summertime (June-September) SST anomalies for the tropical
oceans (Figure 2.6a) reveal that they have warmed substantially since the 1960s. The
temporal evolution of SST anomalies is similar for all the tropical oceanic regions.
A period of negative anomalies is evident before 1935, a shorter period of sudden
warming occurs around 1940 and increasing SST anomalies are evident after 1970.
Figure 2.6b shows the temporal evolution of the annual cycle of SST anomalies over
the Indian Ocean from 20◦S to 20◦N. The most prominent feature of this diagram is
the continuous increase in SST anomalies since 1970. Periods of cooling and sudden
warming are also evident. Furthermore, the temporal evolution of SST is coherent
across all the seasons.
Figure 2.7 shows the evolution of normalized 11 year running mean AIMR index
time series and low-pass filtered SST anomalies over the tropical oceans and over
the tropical Indian Ocean from 1871 to 2000. While the AIMR index depicts inter-
decadal variability, SSTs anomalies exhibit a very clear increasing trend since the
early 1990’s. One remarkable feature is that during the last ”dry” epoch (approx-
imately since 1960) SSTs anomalies are positive and continually increasing. This
behavior suggests that SSTs over the tropical oceans play a role in determining the
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atmospheric circulation during the summer season, ultimately affecting the conver-
gence of moisture into peninsular India. A reduction (or increase) in the available
moisture over India would impact the development and growth of convective processes
in the region. We hypothesize that increasing SSTs in the tropics decrease rainfall in
the monsoon regions.
Both modeling and empirical studies have demonstrated that the SST variability
of the tropical oceans influence the ASM. However, it is still unclear how the SST
variability modulates the monsoon circulation and it is not well understood how
changes in SST translate into changes in convective processes over South Asia and
the Indian Ocean.
Given the complexity of the system, experiments with general circulations models
constitute a useful tool to improve our knowledge of the mechanisms responsible
for the influence of SST on the monsoon. In this study we aim to investigate the
response of the large scale features of the mean state of the summer monsoon to
different configurations of SST observed during periods in the last century, using an
atmospheric general circulation model. To keep the experimental design as simple as
possible, a number of experiments were designed in which the only the SST fields are
modified. More detail about the experimental design is given in the following chapter.
Chapter 3 describes the atmospheric general circulation model and the observa-
tional dataset used in this study. Chapter 4 describes the mean state of the large
scale monsoon circulation for the control simulation and discusses the differences be-
tween each of the experiments and the control simulations. A detailed analysis of
changes in the monsoon circulation forced by changes in the distribution of SST is
presented. Chapter 5 discusses in more detail the long term variability in the mon-
soon precipitation and the interconnection that exists between SSTs, atmospheric
circulation and moisture availability are evaluated to help explain the variations in
monsoon precipitation during the last century.
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a) DJF (26.31%) b) JJA (18.68%)
Figure 2.1: First EOF Modes of U200 for DJF and JJA based on the NCEP/NCAR
reanalysis for 1968-2003. Note that the variability of the upper tropospheric monsoon
easterlies and the westerlies to the north are pronounced. From Yang and Lau (2006).
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Figure 2.2: Normalized anomalies (bars) of All india monsoon rainfall index and
normalized 11-year running mean (solid curve) of AIMR. Long term mean seasonal
rainfall (mr, in mm), standard deviation (sd, in mm), and Mann-kendall statistic
(M-K) associated with the trend test are also shown.
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Decreasing - non significant
Decreasing - significant
Increasing - non significant
Increasing - significant
Figure 2.3: Decreasing – Increasing trends in rainfall for 30 meteorological subdivi-
sions of India during the summer season. Significant and non-significant trends are
indicated with color shading.
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Figure 2.4: Time series of summer monsoon rainfall over a)Kerala, b) North I.
Karnataka, c)South I. Karnataka, d) Konan & Goa, and e) Coastal Karnataka (mm).
The red line represents the 11-year running mean for each time series. The horizontal








    1948     1957     1967     1977     1987     1997     2006
Mean 1948-1971 =  0.8
Mean 1970-2006 = -0.6
Figure 2.5: Temporal evolution of the shear monsoon index after Webster and Yang
(1992) from 1948 - 2006. The index is defined by the time mean zonal wind (U) shear
between 850 and 200-hPa, U850-U200, averaged from the equator to 20◦N and from
40◦E to 110◦E.
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Figure 2.6: a) Time series of SST anomalies for the June - September season from
1900 to 2006. Time series for the whole tropical ocean band and for each of the
tropical ocean basins are plotted. b) Temporal evolution of the annual cycle of SST





















Figure 2.7: Normalized low-pass filtered AIMR index (black line, in mm) and low-
pass filtered SST anomalies (◦C) over the tropical oceans (green line) and over the




3.1 Data and model description
The atmospheric general circulation model (AGCM) used in this work is the Inter-
national Centre for Theoretical Physics (ICTP) AGCM (Molteni 2003 for details).
The model is based on a hydrostatic spectral dynamical core, a σ vertical coordinate
system and a number of physical parameterizations schemes. A σ surface is defined as
a pressure level normalized by the surface pressure and is thus terrain following. The
parameterized processes include convection, large-scale condensation, clouds, short-
wave and long-wave radiation, surface fluxes of momentum and energy, and vertical
diffusion (Molteni 2003).
Convection is represented by a simplified mass-flux scheme that is activated where
conditional instability is present, and where boundary layer humidity exceeds a de-
fined threshold. Large-scale condensation is modeled as a relaxation of humidity
relative to a reference value, which occur whenever relative humidity exceeds a σ-
dependent threshold. Clouds properties are defined diagnostically from the values
of relative humidity in the tropospheric air column and the amount of total precip-
itation. The shortwave radiation scheme uses two spectral bands (one corresponds
to the visible part and the other to the near-infrared). For each band and for each
tropospheric layer, shortwave transmissivity is a function of the layer mass, specific
humidity and cloud properties. The longwave radiation scheme uses four spectral
bands, one for the infrared window and the other ones for the spectral regions of
carbon dioxide and water vapor. The effect of clouds is represented as a decrease in
the transmissivity in the window band. Transmissivity for each band and model layer
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is computed as a function of layer mass and humidity. Surface fluxes are obtained
by bulk aerodynamic formulas with different exchange coefficients between land and
sea. Land skin temperature is defined from the surface energy balance. The verti-
cal diffusion scheme models three processes: shallow convection; a slow diffusion of
moisture in stable conditions and a fast redistribution of dry static energy occurring
when the lapse rate is close to the dry-adiabatic limit. A detailed description of
the parameterization schemes used in the model can be found in the ICTP website
(http://users.ictp.it/$\sim$kucharsk/speedy-net.html).
Molteni (2003) described the ICTP AGCM response to tropical and extratropical
SST anomalies for a configuration with five vertical levels. In this study, Molteni
(2003) compared the model mean state from an ensemble of three multi-decadal
integrations for the period 1952 to 1992 with the European Centre for Medium Range
Weather Forecasts reanalysis (ERA; Gibson et al. 1997) data.
An examination of the mean state during boreal summer (June-July-August)
showed that there are model biases. For example, the model overestimates the
strength of the 500-hPa meridional temperature gradient in the extratropical re-
gions. In the Northern Hemisphere the model depicts a cold bias in the polar mid-
troposphere. Large temperature biases were also found over Antarctica. Zonal-mean
wind distribution exhibit a strong westerly bias at 250-hPa between 15◦S and 25◦N.
This westerly bias decreased almost linearly with increasing pressure in the vertical.
An easterly bias is also found in the southern extratropics around 60◦S, which results
in a northward shift of the simulated jet. Near-surface zonal wind maps showed that
the model reproduces the location of westerly and easterly winds well qualitatively.
However, the simulated wind intensity is weaker than the observed in the Southern
Ocean and some regions of the tropical oceans. Specifically, the intensity of the low
level westerlies was underestimated over the Arabian Sea, India and Bay of Bengal
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(Molteni 2003). Additionally, the model also revealed deficiencies in the represen-
tation of summer rainfall. The model does not reproduce the observed maximum
over the Bay of Bengal and the rainfall maxima associated with the tropical conver-
gence zone in the Indian Ocean was restricted to a latitudinal band around 10◦N.
Furthermore, rainfall over the southern slopes of the Himalayas was overestimated,
and rainfall over the west Pacific was underestimated. In general, the simulated sum-
mer tropical rainfall exhibited a narrower latitudinal distribution compared to the
observations.
An examination of the mean state during the boreal winter (December – Jan-
uary – February), showed that the model provides a more realistic representation of
the atmospheric circulation during winter than its summer counterpart. The model
reproduced the structure of the meridional temperature gradient satisfactorily. The
representation of zonal mean wind was quite realistic, showing an amplitude and lo-
cation of the upper tropospheric jet maxima very close to observations in both hemi-
spheres. Regions of easterly and westerly flow in the surface were well represented in
the near surface zonal winds. Distribution of rainfall was in good agreement with ob-
servations. Zonal mean rainfall comparisons between the model, ERA (Gibson et al.
1997) and CMAP (Climate Prediction Center Merged Analysis of Precipitation; Xie
and Arkin 1997), showed that in many regions the difference between the model and
CMAP distributions is comparable to the difference between CMAP and ERA.
Molteni (2003), stated that despite the limitations imposed by the parameteri-
zation of physical processes, and the coarse vertical resolution, the model is com-
putationally very efficient and constitutes a useful tool for academic purposes. The
simplicity of the model is an advantage that allows the user to design a series of
experiments in a “controlled” manner, allowing a diversity of climatological problems
to be addressed.
Bracco et al. (2004) used a seven-layer version of the ICTP AGCM to study
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decadal climate variability in the second half of the 20th century. This version of the
model was significantly improved with respect to the five-layer one, in aspects as the
stationary wave pattern over the Pacific Ocean and the response to ENSO-type SST
anomalies. In their analysis they found that the model reproduces moderately well
the structure of climate variability in the second half of the twentieth century and
was able to reproduce the structure of the observed trend.
An eight-layer version of the model was used in Kucharski et al. (2006) to in-
vestigate the influence of the decadal variations in the SST on the North Atlantic
Oscillation (NAO) from 1870 to 2002. Compared with the previous versions, the
model climatology showed an improved structure and strength of stationary waves
in the Atlantic region and a more realistic representation of the main features in the
rainfall pattern during boreal winter. Bracco et al. (2007) used the eight-layer version
of the model to investigate the relationship between SST anomalies in the Pacific and
Indian Ocean and anomalies in wind and rainfall patterns associated with the South
Asian summer monsoon. Comparison of model climatology with rainfall data from
the CMAP and wind climatology from the NCEP reanalysis showed that when the
model is forced by prescribed SST, it underestimates the strength of the Somali jet
and the westerlies that blow from the ocean into the Indian peninsula. The AGCM
also overestimates precipitation over the Equatorial Indian Ocean and produces less
precipitation than observed over the Indian peninsula. In their work they performed
six ensemble experiments that included uncoupled and coupled versions of the AGCM
and their results confirm the importance of a coupled modeling strategy to simulate
the interannual and interdecadal variability of the Asian monsoon.
Kucharski et al. (2009) also used the eight-layer ITCP AGCM to study the physical
mechanism by which the tropical Atlantic Ocean impacts the summer (July–August–
September) monsoon rainfall over Africa and India. A comparison of simulated cli-
matology with observations, showed that despite some differences in rainfall intensity
29
the model reproduces the overall features of precipitation and low-level winds over the
African-Indian monsoon regions. In their work they demonstrated that observational
evidence supports the existence of a teleconnection between the southern tropical At-
lantic and the Indian monsoon. Using the results from a set of sensitivity experiments
they proposed that a “Gill-Matsuno” type (Matsuno 1966; Webster 1972; Gill 1980)
quadrupole response explains the teleconnection between the tropical Atlantic and
the Indian basin.
The configuration of the model used in the present study has eight vertical layers
with boundaries at σ values of 0, 0.05, 0.14, 0.26, 0.42, 0.60, 0.77, 0.90 and 1. The
prognostic variables (vorticity, divergence and absolute temperature) are specified at σ
levels intermediate between the upper and lower boundaries, at σ values 0.025, 0.095,
0.20, 0.34, 0.51, 0.685, 0.835 and 0.95. In the horizontal, the model uses a triangular
spectral truncation at total wave number 30 (T30), with a standard Gaussian grid of
96 by 48 points, which corresponds approximately to a 3.7◦ grid (about 400 Km).
3.1.1 Observational data
The eight layers T30 ICTP AGCM is forced by monthly varying SST from the Na-
tional Oceanic Atmospheric Administration (NOAA) Extended Reconstructed SST
dataset (Smith et al. 2008). This monthly mean analysis extends from January 1854
to the present, with a horizontal resolution of 2◦ in latitude and longitude. In this
study only the period from 1925 to 2000 is considered to create forcing fields for the
AGCM. The data are obtained from:
http://www.esrl.noaa.gov/psd/data/gridded/data.noaa.ersst.html
To evaluate the ICTP AGCM performance, summer rainfall and surface wind
mean fields from the model are compared with observations. Estimates of precipi-
tation are obtained from a satellite-based global precipitation analysis provided by
the Global Precipitation Climatology Project (GPCP; Arkin and Meisner 1987; Adler
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et al. 2003; Bolvin et al. 2009; Huffman et al. 2009). Monthly mean rainfall data is
available on a 2.5-degree global grid from 1979 to the present and can be obtained from
http://precip.gsfc.nasa.gov/. Monthly mean wind data from the 40-year Euro-
pean Centre for Medium-Range Weather Forecast (ECMWF) Re-Analysis (ERA40;
Uppala et al. 2005) was also used. ERA-40 data is available from 1957 to 2002 for 18
pressure levels and it has a horizontal resolution of 1◦ x 1◦.
Finally, All-India (rainfall averaged over the entire Indian subcontinent) and 30
different meteorological subdivisional summer monsoon rainfall time series are used
to perform a trend analysis of precipitation over India. These time series are area-
weighted estimates based on rainfall observations at 306 land stations uniformly dis-
tributed over India. A detailed discussion on how these datasets were prepared is
found in Mooley and Parthasarathy (1984) and Parthasarathy et al. (1987, 1990,
1995). An updated version of these datasets from 1871 and onwards can be obtained
from http://www/tropmet.res.in.
3.1.2 Experimental design
The ICTP AGCM simulated climatology for the control experiment, forced by an
average annual cycle of SST determined over the period 1930 to 2000, is used to eval-
uate the model’s ability to reproduce the large scale atmospheric features observed
during the period of the Asian summer monsoon. Figure 3.1 compares the model
and the ERA-40 relanalysis 925-hPa summer winds. An examination of the two data
sets reveals that low-level circulation over the summer monsoon region is simulated
reasonably well. Figure 3.2 shows a comparison of precipitation between the model
and GPCP data. As described by Bracco et al. (2007), the AGCM reproduces the
overall spatial structure of the observed monsoonal precipitation during the summer
months. Larger differences with precipitation observations are seen over the equa-
torial Indian Ocean and over the Indian peninsula. The use of the optional mixed
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layer ocean does not improve considerably the modeled climatology (Bracco et al.
2007). Furthermore, the simplicity of the AGCM allows us to make several controlled
simulations with prescribed SST, with a fair representation of the large scale features
of the summer monsoon.
In addition to the Control experiment, four major ensemble experiments have
been carried out with different SST forcing representative of epochs chosen from the
last century. In all cases, the model was run in ensemble mode with 10 members.
The experiments were designed to investigate the response of the large scale features
of the mean state of the summer monsoon to different configurations of observed SST
observed during the last century. In the control runs (CTRL), the model is forced
by monthly SST climatology averaged from 1935 to 1945. In Experiment 1 runs
(COLD), the AGCM is forced by monthly SST climatology averaged from 1925 to
1935. In Experiment 2 (MODERATE), the model is forced by monthly SST clima-
tology averaged from 1950 to 1960. In Experiment 3 (WARM), the model is forced
by monthly SST averaged from 1950 to 1960. In Experiment 4 (BUMP), the model is
forced by monthly SST averaged from 1938 – 1942. Figure 3.3 shows SST anomalies
time series for the summer season for the experiments COLD, MODERATE, WARM
and BUMP. Table 3.1 provides a summary of the experiments.
The four periods that are the basis of the experiments are chosen to allow the
largest changes in boundary forcing occurring in the last century to be isolated and
to test if there is any influence of these various global SST signatures on ASM pre-
cipitation. COLD, MODERATE and WARM are assumed typical of periods in the
last century as the globe heats up towards its current configuration. The BUMP
experiment uses as boundary conditions that period where there may have been a
large scale global oscillation in the SST.
Figure 3.4 shows the June–September (JJAS) forcing field differences between
each of the experiments and the control run. The COLD – CTRL SST forcing field
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Table 3.1: List of experiments
Experiment Ensembles Forced by




10 members Monthly climatology of SST averaged from
1925 – 1935 – coldest scenario
EXP2
(MODERATE)
10 members Monthly climatology of SST averaged from
1950 – 1960 – cold scenario
EXP3
(WARM)
10 members Monthly climatology of SST averaged from
1990 – 2000 – warmest scenario
EXP4
(BUMP)
10 members Monthly climatology of SST averaged from
1938 – 1942. – bump scenario
differences (Fig 3.4a) exhibit negative anomalies in the tropical band. Largest neg-
ative anomalies are observed in the western northern Indian Ocean and the eastern
Indian Ocean. The MODERATE – SST differences (Fig. 3.4b) also display negative
anomalies in the tropical ocean band, but the magnitude of the anomalies is smaller
than in the COLD experiment. The WARM SST forcing field differences with CTRL
(Fig 3.4c) are characterized by generalized positive anomalies in the tropical ocean
band. Largest positive anomalies are observed in eastern equatorial Pacific Ocean.
Finally, the BUMP forcing field differences with CTRL (Fig. 3.4d) exhibit slight
negative anomalies in the northern Indian Ocean and in the western tropical Pacific.
Slight positive anomalies are observed in the eastern tropical Pacific and the southern
Indian Ocean.
For each of the above forcing scenarios, the model is run for 30 years. The first five
years of the simulations are used as spin-up time. To account for the uncertainties due
to internal atmospheric dynamics, 10 member ensemble simulations are conducted for
each of the experiments including the control run. Ensembles differ from each other
only in the initial conditions. To produce an ensemble, a random perturbation is
applied to the diabatic forcing in the first time step. Sensitivity analyses described in
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this study are based on 25 year averages. Unless otherwise mentioned, model results
presented here focus on the JJAS season.
3.2 Forced and internal variability in the AGCM
In our experiments, the variability of seasonal means in the AGCM may be considered
as due to a combination of internal atmospheric variability and to the variability im-
posed by boundary conditions. In this section, we take advantage of our experimental
set up and compare the variability that can be ascribed to changes in SST during the
summer season with that due to internal variability of the system.
Following Rowell et al. (1995) and Straus and Shukla (2000), the total AGCM
variance, σ2TOT , can be separated into two components: the variance due to SST
forcing, σ2SST , and the variance due to internal atmospheric dynamics, σ
2
INT . The
former is calculated in a manner that takes into account the finite size of the ensem-
ble and the latter arises from examining the model’s sensitivity to differing initial
atmospheric conditions.
Consider a generalized case of Nensembles (number of experiments with different
SST forcing), each with n ensemble members. The internal component of the vari-
ability can be estimated by computing the variance of deviations of each data point















xij (the ensemble mean for the ith experiment)
The variability due to SST forcing, σ2SST , is related to the ensemble mean variance
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and the signal to noise ratio as:
σ2SST
σ2INT
Here we use N= 5 (number of experiments with different SST forcing: CTRL,
COLD, MODERATE, WARM, BUMP) and n= 10 (the size of the family of ensembles
for each experiment) to compare the SST forced variance of the simulated large scale
circulation of the Asian summer monsoon to its internal variability. The signal to
noise ratio for velocity potential at 850 and 200-hPa is displayed in Figure 3.5. We
choose these diagnostics because they provide a valuable measure of monsoon activity
and are directly linked to precipitation.
At 850-hPa (Fig 3.5a), the ratio σ2SST/σ
2
INT exceeds 1.0 in South Asia, the
northern Indian Ocean, the tropical Pacific and in a large portion of the tropical
Atlantic Ocean. At 200-hPa (Fig 3.5b), the signal to noise ratio exceeds 1.0 in a large
portion of the tropical band, and is even larger over India and the central Indian
Ocean.
According to standard analysis of variance methods (Scheffe 1959), the statis-




INT . The corresponding F statistic is given by the ratio of the SST-forced
variance to its uncertainty due to the presence of internal noise and is defined as:
F =
σ2INT + n ∗ σ2SST
σ2INT
with N − 1 and N (n− 1) degrees of freedom, at the α level of significance. Figure
3.6 shows estimates of the F statistic for velocity potential at 850 and 200-hPa. For
our experimental design, a value of F equal to 3.83 corresponds to 99% statistical
significance.
In Figure 3.6 values of the F statistic greater than 3.83 are evident almost ev-
erywhere and in particular across the entire tropical band. In these regions the null
hypothesis can be rejected at a 99% significant level. Results of the statistical analysis
in conjunction with the distribution of the signal to noise ratio shown in Figure 3.5a,b
demonstrate that the SST-forced variance exceeds the internal variance over almost
the entire tropical band and in particular over the Asian monsoon region. These
results are consistent with the Charney and Shukla (1981) hypothesis that a major
part of the low-latitude variability is due to boundary anomalies. In summary, in our
simulations the monsoon circulation is relatively insensitive to atmospheric initial


































Figure 3.1: a) Mean JJAS wind field at 925-hPa from model CTRL run. b) Mean








































Figure 3.2: a) Mean JJAS precipitation from model CTRL run. b) Observed JJAS
precipitation from GPCP (1979 - 2006). Units are mmday−1.
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Figure 3.3: Summer SST anomalies for the tropical ocean band with COLD (EXP1),
MODERATE (EXP2), WARM (EXP3) and BUMP (EXP4) experiments indicated.
Units are ◦C.
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Figure 3.4: SST forcing field differences between each of the experiments and the
control run. a) COLD - CTRL. b) MODERATE - CTRL. c) WARM - CTRL. d)
BUMP - CTRL. Units are ◦C.
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Figure 3.5: Ratio of the SST-forced variance to the internal variance for a) Velocity
potential at 850-hPa. b) Velocity potential at 200-hPa. Red contours correspond to
















































Figure 3.6: Corresponding F statistic for a) Velocity potential at 850-hPa. b)
Velocity potential at 200-hPa. F = 3.83 corresponds to 99% statistical significance.
Regions in white correspond to values less than 3.83.
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CHAPTER IV
EVALUATION OF MONSOON RESPONSE TO SEA
SURFACE TEMPERATURE CHANGES
The Asian monsoon is characterized by a seasonal reversal of winds and the associated
wet and dry seasons caused by changes in the distribution of surface heating caused
principally by land-sea contrasts. Numerous studies have described the mean state
of the annual cycle of the monsoon (e.g. Krishnamurti 1985; Fein and Stephens 1987;
Webster et al. 1998) discussing the role of land sea-differences exacerbated by the
elevated Himalayan-Tibet Plateau mountain complex (Hahn and Manabe 1975; Kuo
and Qian 1982; Yanai et al. 1992; Webster et al. 1998) that acts as an elevated heat
source (Yanai et al. 1992). This elevated heat source acts as the main determiner of
the differences between the weaker African and Australian summer monsoons where
elevated heat sources do not exist. The boreal summer season of South Asia is of
particular importance since low level southwesterly cross equatorial flow over the
Indian Ocean, brings moisture over the continent generating large amounts of rain
over India and southeast Asia.
The orographic features of the continents are fixed whereas the other component
of land-sea temperature contrasts, the sea-surface temperature, is evolving on inter-
annual and interdecadal time scales (Shukla and Paolino 1983; Clark et al. 2000,
2003). The distribution of SST is one of the dominant and variable factors impacting
the Asian monsoon circulation (e.g. Clark et al. 2000, 2003; Chao and Chen 2001).
Webster and Fasullo (2003) have shown that the amplitude of the monsoon annual
cycle depends on the SST gradient over the Indian Ocean. However, not only regional
SST influences the Asian summer monsoon. Remote Ocean SST anomalies over the
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eastern Pacific and the Atlantic Ocean also modulate the monsoon circulation trough
modifications in the Walker and transverse circulations (e.g. Soman and Slingo 1997;
Slingo and Annamalai 2000; Kucharski et al. 2009).
4.1 Summer monsoon model climatology: Control runs
In the following paragraphs we describe the mean state of the monsoon averaged
over the period June, July August, September (JJAS). The analysis is based on
the climatology obtained from the control experiment (see Table 3.1). The mean
monsoon is described in terms of zonal wind (U), meridional wind (V ) and velocity
potential (χ) at 200 and 850-hPa levels, the vertical velocity in pressure coordinates
(ω=dp/dt) at 500-hPa level, out-going long-wave radiation (OLR) as a proxy for deep
convection and precipitation.
4.1.1 Atmospheric circulation
The boreal summer SST and surface air temperature over land are plotted in Figure
4.1a. In general, tropical oceans and land regions are warmer than 20◦C (∼293K).
The primordial driving mechanisms of the monsoon, the differential heating of the
land and ocean, is evident from the figure. Differential heating arises from differences
in specific heat and effective heat capacity of ocean compared to the land. For the
same values of insolation, the land heats quicker than the ocean as the only process
of heat storage is that produced by conduction to greater depths. On the other hand,
the ocean can store heat to great depths due to wind mixing. During summer, land
surface heats rapidly leading to the development of thermal low pressure regions which
serve to bring in air from the surrounding regions in a shallow circulation. However,
due to the radiation to space from these hot land regions, the low pressure anomaly
is shallow and the radiative cooling of the column is compensated by the adiabatic
warming from large scale subsidence. However, if the converging air is moisture laden,
convection may ensue with a wetting of the land surface. Even though this produces a
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decrease in soil temperature, the moist land becomes a source of atmospheric moisture
through evaporation (Webster 1983; Srinivasan et al. 1993). Land surface hydrological
processes complicate the monsoon and lead to intraseasonal oscillations of monsoon
systems (Webster 1983).
Boreal summer and winter differences in surface temperature (Figure 4.1b) show
clearly the land-sea temperature contrasts and the relative small annual changes over
the ocean. The largest variations occur over Asia and, to a slightly less extent,
over North America, Africa and Australia. Differences between summer and winter
temperatures can be seen to exceed 30◦C.
There are a number of prominent features in the mean JJAS sea level pressure (Fig
4.1c). In the northern hemisphere summer subtropics, the oceans are dominated by
areas of high pressure in both the Atlantic and Pacific. In the southern hemisphere,
the band of high pressure extends across the subtropics. Low pressure exists over the
northern continents extending across south Asia to North Africa. In conjunction with
the southern hemisphere high pressure regimes, large cross-equatorial pressure gradi-
ents are produced. Of particular importance for this study is the pressure gradient
between the Mascarene High, located in the south Indian Ocean and the low-pressure
over South Asia.
The 850-hPa boreal summer zonal and meridional wind fields are shown in Fig-
ure 4.2a, b. Westerlies dominate the northern Indian Ocean, Bay of Bengal and
the Arabian Sea while easterly winds are observed in the southern Indian Ocean,
northern Australia, subtropical northern region around 40◦N and the Equatorial Pa-
cific Ocean. The meridional component (Fig 4.2b) shows northward winds along the
eastern African coast, indicating a strong cross-equatorial flow. This cross-equatorial
flow is one of the components of a low level jet known as the Somali or Findlater jet
(Findlater 1969a,b; Krishnamurti and Bhalme 1976) constrained vertically and hori-
zontally by the East African Highlands (Webster and Fasullo 2003). In the northern
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hemisphere, the jet turns anticyclonically to become the monsoon westerlies (Figure
4.2a, 4.2b, and 4.3b) bringing moisture over the Arabian Sea and India.
Figure 4.3a shows a cross section of the meridional wind component averaged
between 5◦S and 5◦N for the JJAS period. Peak cross-equatorial southerlies of 8
ms−1 occur at 45◦E and 925-hPa. This peak is somewhat weaker (∼27%) than the
11 ms−1 in the ERA-40 reanalysis. In the upper troposphere a northerly maximum
is evident over the western Indian Ocean at 300-hPa, reaching values of 4 ms−1.
Northerlies are also evident over the eastern Indian Ocean and the western Pacific.
The strength of the jet is evaluated using two indexes of jet intensity. Following
Boos and Emanuel (2009), we defined the first index (SOM1) as the square root of
the area mean wind speed at 850-hPa in the region 5◦S - 20◦N, 50◦E - 70◦E (this
region is outlined in Figure 4.3b in red), which is the same spatial domain used by
Krishnamurti et al. (1981). SOM1 describes the intensity of the southwesterly jet.
In addition, we created a scalar index of cross–equatorial jet intensity (SOM2) by
computing the area mean meridional wind at 925-hPa in the region 5◦S - 5◦N, 40◦E
- 60◦E (this region is outlined in Figure 4.3b in green). For the control experiment
SOM1 has a value of 3.7 ms−1 and SOM2 has a value of 2.9 ms−1 (see Table 4.1).
Figure 4.4a,b shows the upper tropospheric flow for the boreal summer. Strong
westerlies extend around the winter hemisphere subtropics and middle latitudes while
weaker westerlies with much more meridional variability prevail in the summer hemi-
sphere. Easterlies blow over the northern Indian Ocean, Arabian Sea and Bay of
Bengal. This band of strong easterlies is known as the Tropical Easterly jet, and
extends from Southeast Asia to Africa and exists on the southern flank of the up-
per tropospheric Tibetan anticyclone. This jet has mean winds of about 10 – 20
ms−1, with the strongest wind located to the south of the southern tip of India and is
the thermal wind response to the reversed upper tropospheric temperature gradient.
Webster and Yang (1992) showed that zonal winds are negatively correlated in the
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Table 4.1: Circulation monsoon indices*
EXPERIMENT SOM1 SOM2 WYI MHI WSI CEPG 
 M SD M SD M SD M SD M SD M SD 
CTRL 3.7 0.05 2.9 0.02 17.7 0.18 2.8 0.03 17.3 0.24 12.6 0.09 
COLD 3.6 0.07 2.4 0.04 17.1 0.2 2.6 0.04 16.2 0.29 12.2 0.09 
MODERATE 3.4 0.06 3.3 0.06 17.9 0.29 2.7 0.05 17.6 0.27 12.9 0.11 
WARM 3.9 0.06 2.9 0.04 18.0 0.17 2.6 0.05 17.3 0.23 12.5 0.09 
BUMP 3.2 0.03 2.5 0.03 15.9 0.15 2.5 0.07 15.1 0.17 11.6 0.11 
* For each experiment, M corresponds to the ensemble mean value of the index and SD to the standard 
deviation    
 
vertical over South Asia and the Indian Ocean and used the magnitude of this shear
as an indicator of monsoon strength. The meridional winds at the 200-hPa level are
northerly winds over south East Asia and eastern Indian Ocean (Figure 4.4b and
Figure 4.3a). Differences between the lower and the upper levels show positive values
along the western Indian Ocean boundary and the eastern Indian Ocean, indicating
a cross-equatorial circulation or a lateral monsoon circulation (Webster et al. 1998).
The divergent part of the flow is shown in the form of velocity potential in Figure
4.5. Low level convergence at 850-hPa (positive values in Figure 4.5a) is accompanied
by upper level divergence at 200-hPa (negative values in Figure 4.5b). In the lower
level, regions of convergence are located over Southeast Asia and the western Pacific
and regions of divergence are located over the equatorial Atlantic, eastern Pacific
and Africa. As expected, the reverse pattern is observed in the upper level. The
distribution of velocity potential during boreal summer indicates the major monsoonal
circulations referred as lateral monsoon, transverse monsoon and Walker circulation
in Webster et al. (1998). Figure 4.6 displays a schematic of the major divergent
circulation associated with the monsoon system.
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One of the interesting features of Figure 4.5 is the location of the velocity potential
maxima relative to the South Asian monsoon region. The climatological maxima are
located over the western Pacific warm pool while the Indian region is located at
the transition of positive and negative velocity potential. It would seem that small
shifts in the location of the velocity potential extrema (e.g., associated with El Nino)
could cause changes in the environment over the South Asian monsoon region perhaps
changing the region from weak convergence to weak divergence.
The divergent circulations in the upper and lower troposphere shown in Figure
4.5 are coupled through fields of vertical circulations. The field of vertical motion
(or ω) at 500-hPa is displayed in Figure 4.7. As vertical velocity depends on the
gradients of velocity potential, the fields possess much more detail than the χ fields
shown in Figure 4.5. Regions of upward motion (negative values) exist over Africa,
Central America and Asia. Areas of rising motion over the south Asian region are
located in the Bay of Bengal, southeast Asia, the equatorial Indian Ocean and western
equatorial Pacific. Regions of subsidence or downward motion (positive values of ω)
are found over the Southern Indian Ocean and North and South of the equator in the
eastern Pacific Ocean and eastern Atlantic Ocean.
A three dimensional and more complete view of the mean monsoon circulation
can be achieved through a detailed description of the divergent circulations shown in
Figure 4.6. The lateral monsoon or the regional Hadley cell has been described in
previous works (Das 1986; Fein and Stephens 1987; Webster et al. 1998; Trenberth
et al. 2000). This cross-equatorial cell is a thermally driven cell, with rising motion
in the summer hemisphere, around 10◦N, and descending motion over the subtropi-
cal Indian Ocean. The transverse monsoon circulation is an east-west cell that flows
between the arid North African regions and the tropical Asian region. This east-
west circulation is maintained by the large differences in radiative and latent heating
between North Africa and South Asia (Yang et al. 1992; Webster et al. 1998). The
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Walker circulation is an east-west cell that extends across the Pacific Ocean (Krishna-
murti 1971a,b). This cell, also thermally driven, has received a great deal of attention
due to its association with interannual variability of the coupled ocean-atmosphere
system and especially with the phenomenon of El Niño-Southern Oscillation (ENSO)
(e.g. Bjerknes 1969; Philander 1990; Webster and Chang 1988). During the summer
season the ascending regions of the three circulations, the Walker circulation and the
lateral and transverse monsoon described above, are collocated over southeast Asia
and the Indo-Pacific equatorial warm pool. Figure 4.6 suggests that the influences
on the South Asian monsoon circulation are widespread and may exist on very large
scales.
The divergent part of the wind and the vertical motion fields can be used to
identify the circulation cells associated with the summer monsoon. Figure 4.8a shows
the transverse cell, estimated by averaging the divergent wind and vertical velocity
between 5.5◦ and 16◦N across the longitudinal section from 0◦E to 115◦E. The air
ascends over Southeast Asia (near 100◦E), flows westward in the upper troposphere,
descends over Arabian Sea, and moves toward the east in the lower troposphere.
Zonal–vertical cross sections of divergent zonal wind and vertical motion associated
with this cell are shown in Figure 4.8b. Ascending air is also observed over Africa
(Figure 4.8c; note that in Figures 4.8c -10c the vertical velocity is taken as the negative
of the pressure vertical velocity in the model) and is associated with the convective
activity that occurs in this region (Fig 4.7; Fig 4.11). Model simulations show that
subsidence over Africa takes place between 20◦E and 0◦. The descending air over
East Africa is the subsident part of the transverse circulation shown schematically in
Figure 4.6.
Figure 4.9 shows longitudinal cross-sections of the Walker circulation along the
equator. Here, the divergent zonal wind and the vertical velocity are averaged between
5.5◦S and 5.5◦N in the longitudinal section from 100◦E and 360◦E. Panel a) shows
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ascending air in the West Pacific – East Asian region between 100◦E and 150◦E in the
vicinity of the warm pool and descending air in the eastern Pacific near 260◦E. Air
flows westward in the lower troposphere and flows eastward in the upper troposphere
(Figure 4.9a and Figure 4.9b). Additional ascending motion is observed around 280◦E
(Figure 4.9c) and is part of another Walker type circulation in the Americas-Atlantic
sector (Trenberth et al. 2000).
The lateral monsoon or local Hadley circulation is obtained by averaging the di-
vergent meridional wind and the vertical velocity between longitudes 80◦ - 110◦E.
Based on the velocity potential patterns (Figure 4.5) and the vertical velocity dis-
tribution at 500-hPa (Figure 4.7a) it is clear that the meridional circulation in the
eastern Indian Ocean and southeast Asia is different from that in the western Indian
Ocean and East Africa. To differentiate between these two circulations, a meridional
circulation was plotted in the east (80◦E - 115◦E) and another was plotted in the
west (45◦E - 75◦E). Over the eastern Indian Ocean (Figure 4.10a), air rises in the
northern hemisphere from 0◦ to 25◦N and descends in the southern hemisphere (Fig-
ure 4.10c). The meridional component flows northward in the lower troposphere and
southward in the upper troposphere (Figure 4.10b). The western meridional cell is
not as strong as its eastern counterpart. Ascending air is observed between 10◦S and
0◦ and descending air is observed in the northern hemisphere around 22◦N and in the
southern hemisphere around 20◦S (Figure 4.10d). Rising motion close to the equator
is associated with the convective activity over the equatorial Indian Ocean (Figure
4.7a and 4.10f). The zonal divergent wind section (Figure 4.10e) shows southerly
wind in the lower troposphere and northerly wind in the upper levels.
The overturning circulations just described, constitute a great proportion of the
lower tropospheric mass flux. Table 4.2 enumerates the mass fluxes associated with
each of the circulations. The mass flux was calculated by vertically integrating the
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Table 4.2: Mass fluxes associated with the divergent circulations*
Mass Flux Gkg s-1 TM WC LM (E) LM (W) 
 M SD M SD M SD M SD 
CTRL 7.6 0.10 5.4 0.05 6.2 0.10 3.8 0.09 
COLD 7.3 0.14 5.5 0.09 6.3 0.11 3.3 0.05 
MODERATE 7.2 0.16 4.5 0.07 5.4 0.09 4.7 0.14 
WARM 7.9 0.14 5.5 0.09 5.7 0.06 3.6 0.13 
BUMP 6.6 0.14 6.4 0.10 4.8 0.06 3.0 0.09 
* For each experiment, M corresponds to the ensemble mean value of the mass flux and SD to the standard 
deviation    
 
divergent wind in a layer from the lower model level to 500-hPa, and across a 1000-
km sector through the center of the circulation in question (TM: transverse monsoon;
WC: Walker circulation; LM(E): lateral monsoon or local Hadley circulation over the
eastern Indian Ocean; LM(W): lateral monsoon or local Hadley circulation over the
western Indian Ocean). These values will be used to compare the changes in the
strength of the monsoon during periods of different background SST.
A positive mass flux in TM means that mass is being transported from west to
east into the region of ascending motion over southeast Asia (∼100◦E). Similarly,
a positive mass flux in WC means that mass is being transported from east (East
Pacific) to west into the western Pacific Ocean and Southeast Asia. A positive mass
flux in LM(E) is associated with a transport of mass from the southern Indian Ocean
into Bay of Bengal and southeast Asia. A positive LM(W) means that mass is being
transported over the western Indian Ocean from the southern region into the northern
Indian Ocean. Figure 4.6 indicates the direction of the circulations used to estimate
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TM, WC and LM(E).
4.1.2 Precipitation and OLR
OLR and precipitation fields from the control integration are plotted in Figure 4.11.
OLR values <240 Wm−2 are used to indicate regions of deep convection (Richards
and Arkin 1981). The equatorial Indian Ocean, the western equatorial Pacific Ocean,
Central and South America and Central Africa are major regions of convection. The
precipitation field is consistent with OLR field, showing large precipitation rates in
these regions (see Fig 4.11 panel b). A high degree of correspondence can be seen
between OLR, precipitation fields and the omega 500-hPa field.
A regional map of precipitation and sea level pressure (Figure 4.12) in the South
Asian monsoon region reveals that organized convection is not collocated with the
sea level pressure minima. Tomas and Webster (1997) showed that in regions where
there is a strong cross-equatorial pressure gradient, convection occurs in the equator-
ward side of the sea level pressure minima. This is also the case of the Asian summer
monsoon and also the Australian and African monsoons. In general, in regions of
strong cross-equatorial pressure gradient, the location of convection is determined by
inertial-instability processes. However, in south Asia, convection also occurs in lati-
tudes near the monsoon trough. These collocations are due to the strong intraseasonal
variability associated with monsoon active and break periods as convection forms near
the equator and moves slowly northward over South Asia. This migration results in
two major maxima: one near the equator and the second across South Asia and the
Bay of Bengal.
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4.2 Response of the South Asian monsoon to large scale
sea surface temperature variability
Continued research has shown that the monsoon system is influenced by local and
remote variations of SST and that there is long-term variability in the annual pre-
cipitation. However, it is still unclear how SST variability modulates the monsoon
circulation perhaps because of some of the complexities described in the last section.
In this work, the experimental set-up is kept as simple as possible to isolate changes
in the monsoon circulation due to SST variability. For this reason, only variations in
SST are considered.
The following results describe the response of the mean state of the South Asian
summer monsoon circulation to different configurations of SST. In this section, dif-
ferences between each of the experiments listed in Table 3.1 (see also Figure 3.3) and
the control experiment (CTRL) are described. Statistical significance of the differ-
ences was evaluated using a t-test. In the figures presented below, shading indicates
regions that are significant at a 95% level.
4.2.1 Circulation and precipitation differences for Experiment 1
(“COLD” 1925-1935)
In the following paragraphs, differences between Experiment 1 (hereafter COLD) and
CTRL are described. In this experiment the model is forced by monthly SST averaged
from 1925 to 1935 (see Table 3.1 and Figure 3.3).
4.2.1.1 Circulation patterns
Figure 4.13a presents seasonal mean surface temperature differences fields for JJAS.
In general, negative anomalies occur in the tropical oceans and tropical land areas.
In the tropical band, negative anomalies as large as -0.4◦C are observed across the
northern Indian Ocean and around northern Australia. Even greater anomalies are
noted in the austral winter extratropics. Only in the North Atlantic were there
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conditions during COLD, warmer than the long term mean.
The sea level pressure differences (COLD – CTRL) associated with these temper-
ature differences are displayed in Figure 4.13b. Positive pressure anomalies of about
0.4 hPa extend over the northern Indian Ocean and the Indian subcontinent. Slight
positive anomalies are also present over the Mascarene high region but lower by 1-1.5
hPa further to the south. Since the increase in SLP is larger over the northern Indian
Ocean, the pressure gradient between these two regions decreases suggesting a possi-
ble decline in the cross-equatorial wind intensity. Table 4.1 shows the cross-equatorial
pressure gradient (CEPG) measured along 60◦E between 20◦S and 20◦N for all the
experiments. Indeed, the CEPG decreases from 12.5 hPa in CTRL to 12.2 hPa in
COLD.
Figure 4.14a shows the differences in the 850-hPa zonal winds between COLD and
CTRL. Negative anomalies are evident in the northwestern Indian Ocean and extend
into the southern Indian peninsula, suggesting that zonal winds are weaker than in
CTRL. Maximum negative anomalies in the area reach values of 0.6 ms−1. South
from this region of negative anomalies, a region of positive anomalies is observed,
implying a change in the direction of the Somali jet. Positive anomalies are also
found in southeast Asia (0.6 – 0.8 ms−1), indicating that westerlies are stronger than
in CTRL. At the 200-hPa level (Fig 4.14b), differences in zonal wind show a region of
positive anomalies over the western Indian Ocean, extending into the southern India
and Bay of Bengal, suggesting a weakening of the Tropical Easter Jet. Anomalies
reach values of 1.5 m s−1 off the Somali coast.
Table 4.1 also shows three additional monsoon circulation indices (WYI, MHI,
WSI) for all the experiments. These indices will be used to provide a simple charac-
terization of the state of the monsoon and to compare the changes in the strength of
the monsoon circulation between experiments. For the COLD case, Table 4.1 shows
that the mean Webster and Yang index (WYI; Webster and Yang 1992) and the
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mean westerly shear index (WSI; Wang and Fan 1999) are both smaller compared to
the CTRL values, suggesting a weakening of zonal vertical shear and of the monsoon
circulation (Appendix A shows the definition of the monsoon related indices).
Figure 4.15 shows differences in meridional wind between COLD and CTRL. At
the 850-hPa level, negative differences (∼ 0.4 m s−1) are found in the western Indian
Ocean along the African coast and in Bay of Bengal. Negative differences along the
Somali coast indicate a weakening of the Somali jet. At the 200-hPa level positive
anomalies are observed in the central Indian Ocean and over Bay of Bengal. Anoma-
lous southerly wind reaches maximum values of 0.4 m s−1. The weaker meridional
wind anomalies pattern is consistent with a diminished cross-equatorial flow and a
weaker lateral circulation. Table 4.1 shows a decrease in the mean monsoon lateral
circulation index (MHI, Goswami et al. 1999) from 2.8 m s−1 in CTRL to 2.6 m s−1
in COLD, further confirming a weakening of the local Hadley circulation.
Figure 4.16 shows a longitude-height section along the equator of the differences in
the meridional flow between the COLD and control. The cross-equatorial Somali jet
is about 10-15% weaker than its long-term climatological value with negative lower
tropospheric anomalies along the eastern African coast from 40◦E to 80◦E. In the
upper troposphere, positive anomalies are found between 400-hPa and 200-hPa over
the central Indian Ocean and over eastern Africa. Anomalies over the central Indian
Ocean reach values of 0.6 m s−1. In the COLD case, SOM1 has a value of 3.6 ms−1
(2.7% less than CTRL), suggesting a decrease in intensity of the southwesterly jet.
SOM2 has a value of 2.4 ms−1 (7.4% less than CTRL), confirming the decline in the
cross-equatorial flow over the western Indian Ocean (see Table 4.1).
The differences in the velocity potential at 850 and 200-hPa between COLD and
CTRL experiments are plotted in Figure 4.17. The magnitude of the differences is
about 10% of the control experiment (see Figure 4.5). At the 850-hPa level, negative
differences over the South Asian monsoon region and positive differences over the
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equatorial eastern Pacific Ocean suggest that large scale monsoonal circulations are
weaker than in the CTRL. Velocity potential anomalies at the 200-hPa level depict
positive differences over South Asia (increased upper level convergence) and negative
anomalies over the Atlantic Ocean and Africa, which are consistent with the anomalies
observed in the lower level, and indicate a weakening of the large scale circulation.
Overall, the impact of the changes in SST is to cause a large scale shift of divergence
and convergence along the equator.
Figure 4.18 displays omega differences between COLD and CTRL at 500-hPa.
The figure shows weaker upward motion over the Indian Peninsula, western-central
equatorial Indian Ocean and Bay of Bengal. However, stronger upward motion is
found over southeast Asia and the western Pacific Ocean consistent with a shift of
the large scale circulation cells evident in Figure 4.17. These features are consistent
with a weaker South Asian monsoon.
The anomalous transverse circulation (COLD-CTRL) is plotted in Figure 4.19a.
Anomalous downward motion is found over India (80◦E) and over the Arabian Sea
(60◦E) again consistent with a weaker monsoon. On the other hand, anomalous
upward motion is found over southeast Asia (110◦E) consistent with an eastward shift
of the circulation cells. To illustrate the magnitude of the differences in the transverse
circulation with CTRL, longitude-height cross sections of the zonal divergent wind
and the vertical motion are displayed in Figure 4.19b and Figure 4.19c (note that in
Figures 4.19c -22c the vertical velocity is taken the negative of the pressure vertical
velocity in the model). In the vertical velocity section, negative anomalies, reaching
a maximum value of 0.01 Pas−1, are found at 80◦E. Negative anomalies (∼0.007
Pas−1) are also observed at 60◦E. Positive anomalies (∼0.009 Pas−1) are found over
Southeast Asia (110◦E). The zonal divergent wind section displays positive anomalies
in the upper troposphere, confirming the weakening of the easterly jet again consistent
with a weaker monsoon. Zonal wind anomalies in the upper troposphere reach values
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of 0.5 ms−1 in the upper troposphere.
Figure 4.20a shows the anomalous Walker circulation (COLD – CTRL) in a section
along the equator. Anomalous downward motion is evident over the eastern Asia –
western Pacific region (100◦E - 150◦E) while upward motion is found over the eastern
Pacific (∼270◦E). The ascending branch of the Walker type circulation over the Amer-
icas–Atlantic sector appears to be strengthening, since anomalous upward motion
exists over the Americas. The vertical velocity section (Figure 4.20c) shows negative
anomalies, reaching values of 0.006 Pas−1, between 110◦E and 140◦E. Slightly positive
anomalies (0.003 Pas−1) are evident at 270◦E. Positive anomalies (0.006 Pas−1) are
also found over the Americas. Zonal wind cross section (Figure 4.20b) suggests a
weakening of the upper westerlies, showing negative anomalies reaching values of 0.2
ms−1. These changes between the CTRL and COLD are consistent with an eastward
shift of the Walker Circulation and subsidence over the equatorial eastern Indian
Ocean.
Figure 4.21a depicts a meridional section of the anomalous local Hadley circula-
tion over the eastern Indian Ocean. Anomalous downward motion is evident over
the northern Bay of Bengal. Negative vertical velocity anomalies over this region
reach 0.003 Pas−1 (Figure 4.21c). Anomalous downward motion is also observed in
the southern hemisphere. In this region of subsidence, vertical anomalies reach val-
ues of 0.002 Pas−1. In the cross section of the meridional divergent wind the main
features are the upper troposphere negative anomalies (∼0.1 ms−1) in the northern
hemisphere and the upper troposphere positive anomalies (∼0.1 ms−1) in the south-
ern hemisphere (Figure 4.21b). This pattern of anomalies suggests a weakening of
the northern portion of the ascending branch of the meridional circulation over the
northern hemisphere, again consistent with an anomalous weakening of the monsoon.
The anomalous local Hadley circulation over the western Indian Ocean (Figure
4.22a) displays anomalous upward motion at 8◦S and anomalous downward motion
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at 2◦N. In the vertical velocity cross section (Figure 4.22c), negative anomalies (as-
sociated with anomalous downward motion) reach values of 0.012 Pas−1 and positive
anomalies (associated with anomalous upward motion) reach values of 0.01 Pas−1.
Meridional divergent wind anomalies are negative in the lower troposphere from 5◦S
to 15◦N and positive between 0◦ and 20◦S in the upper troposphere (Figure 4.22b).
Mass fluxes associated with each one of the circulations described above are listed
in Table 4.2. Larger differences with CTRL are observed for the transverse monsoon
and the western Indian Ocean local Hadley circulation. The mass flux associated with
TM is 4% weaker than in CTRL, again consistent with a weakening of the monsoon
circulation. Moreover, the mass flux associated with LM(W) is also weaker in COLD
than in CTRL (15% less ), which is consistent with a reduction in the cross-equatorial
flow.
4.2.1.2 Precipitation patterns
Figure 4.23 shows differences in OLR (Fig 4.23a) and precipitation (Fig 4.23b) be-
tween COLD and CTRL. Whereas the patterns of change are complicated, there is a
large decrease in regional precipitation over the Indian sector. Larger differences ex-
ist over Bay of Bengal, Indian Subcontinent, southeast Asia and Indonesia. Positive
differences in OLR, consistent with decreases in precipitation are evident over the
Indian Peninsula, Bay of Bengal and Indonesia. One the other hand, precipitation
has increased over southeast Asia consistent with an eastward shift of the circulation
patterns. These anomalies are consistent with the observed long interdecadal changes
in AIMR (Figure 2.2).
4.2.2 Circulation and precipitation differences for Experiment 2
(“MODERATE” 1950-1960)
In this section, differences between Experiment 2 (hereafter MODERATE) and CTRL
are described. In this experiment the model is forced by monthly SST averaged from
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1950 to 1960 (refer to Table 3.1 and Figure 3.3).
4.2.2.1 Circulation patterns
Surface JJAS temperature differences for JJAS are shown in Figure 4.24a. Slight
negative anomalies of about -0.2◦C are observed in the tropical oceans and tropical
land areas. Largest negative anomalies are found in the central Indian Ocean and
they reach a maximum value of 0.6◦C east from Madagascar. The southern oceans
are anomalously warmer but it is difficult to determine the fidelity of these anomalies
as data during the 1950 - 60 period was still relatively scarce.
Figure 4.24b shows sea level pressure differences for MODERATE. Positive pres-
sure anomalies develop over the western-central Indian Ocean, with maximum values
approaching 0.5 hPa east from Madagascar. A slight increase in SLP is observed
over the Indian peninsula. However, since the increase in pressure is higher over the
south-western Indian Ocean, the pressure gradient between India and the southern
ocean increases. This is further confirmed by the CEPG index, which shows an in-
crease from 12.5 hPa in CTRL to 12.9 hPa in MODERATE (see Table 3.1). There
are substantial differences between the anomalous surface temperature and pressure
fields between COLD and MODERATE. Whereas COLD showed an almost univer-
sally lower surface temperature, MODERATE finds increases in surface temperature
across the northern subtropics and a corresponding decrease in surface pressure. In
the monsoon region, surface temperatures are lower in most of the Indian Ocean
together with generally higher surface pressures.
Plots of the differences of the zonal wind between MODERATE and CTRL in
the lower and upper troposphere are shown in Figure 4.25. At the 850-hPa level,
negative anomalies are evident over western-central equatorial Indian Ocean and Bay
of Bengal, indicating that westerlies in MODERATE are weaker than in CTRL by
>1 ms−1. Positive anomalies >1 ms−1 are found over the central equatorial Pacific
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Ocean indicating a slowing of the Walker Circulation associated with the slightly
lower surface pressure in the eastern Pacific Ocean. At 200-hPa (Fig 4.25b), positive
anomalies extend over central equatorial/southern Indian Ocean, approaching values
of 1 ms−1, meaning that easterlies are weaker than in CTRL. Easterly anomalies over
Bay of Bengal and Southeast Asia of about 1 ms−1, suggest that easterly winds are
stronger in MODERATE over this region. Easterly anomalies are also found over the
tropical Pacific Ocean. Both zonal shear indexes, (WYI and WSI; see Table 4.1), show
a slight increase compared with the CTRL experiment. This increase is consistent
with easterly wind intensification over the Bay of Bengal and India in the upper level.
Figure 4.26 shows differences in meridional wind between MODERATE and CTRL.
At the 850-hPa level negative anomalies (∼ -0.4 ms−1) are found in the western In-
dian Ocean along the Tanzania-Kenya coast. North of the Equator positive anomalies
approaching 0.4 ms−1 are observed near 60◦E, 10◦N. Slightly negative differences (∼
0.2 ms−1) are also found over Bay of Bengal. At the 200 h-Pa level slightly positive
anomalies (∼ 0.2 ms−1) exist over Bay of Bengal and the eastern Indian Ocean. The
weaker meridional wind anomaly pattern over the eastern Indian Ocean is consistent
with a weaker lateral circulation. This result is further confirmed by the MHI (see
Table 4.1), which shows a decrease from 2.8 ms−1 in CTRL to 2.7 ms−1 in MODER-
ATE.
The longitude-height section along the equator of the differences in the meridional
wind is plotted in Figure 4.27. In the lower levels, southerly anomalies, approaching
0.4 ms−1 are found from 50◦E to 80◦E and northerly anomalies (∼ 0.2 ms−1) are
found near 40◦E, suggesting that the cross-equatorial flow weakens right off the coast
and intensifies further east. In the upper troposphere, northerly anomalies (reaching
values of -0.5 m s−1) prevail over the central Indian Ocean and southerly anomalies
(reaching values of 0.5 m s−1) exist over the Eastern Indian Ocean. In MODERATE,
SOM1 has a value of 3.4 ms−1 (8.1% less than in CTRL), accounting for the decrease
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in westerly intensity north of the equator. SOM2 has a value of 3.3 ms−1 (14% more
than in CTRL), accounting for the increase in southerly winds north of the Equator
(see Table 4.1).
Figure 4.28 displays differences in velocity potential between MODERATE and
CTRL. The difference fields parallel those found between COLD and the CTRL al-
though somewhat stronger. At the lower level, negative differences over south Asia
and the west Pacific, and positive differences over the eastern Pacific and the American
continent indicate a weakening in convergence and divergence regions, which implies
that the large scale circulation is weaker than in CTRL. This result is supported by
the differences pattern at the 200-hPa level. Upper level differences display positive
anomalies (anomalous convergence) over the region where CTRL shows divergence
and negative differences (anomalous divergence) over the region where CTRL shows
convergence. In general, the SST distribution in MODERATE causes a larger impact
on the large scale divergence and convergence than in the COLD case. The anomalies
in Figure 4.28 are consistent with a weakening of the monsoon circulation. It will
be shown that a larger impact is also observed in the Walker Circulation and in the
lateral circulation over the eastern Indian Ocean.
Figure 4.29 plots the differences in upward motion between MODERATE and
CTRL. Positive anomalies, associated with weaker vertical motion than in CTRL,
exist over Bay of Bengal and central equatorial Indian Ocean. Negative anomalies,
associated with stronger vertical motion than in CTRL, are evident over Indonesia.
These will be shown to be consistent with precipitation patterns in Figure 4.34b.
The anomalous transverse circulation (MODERATE- CTRL) is presented in Fig-
ure 4.30. Anomalous downward motion is observed around 80◦E. A slightly anomalous
upward motion is found over the western Indian Ocean (60◦E). A detailed distribu-
tion of the anomalies in vertical motion and zonal divergent wind associated with
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the transverse circulation is displayed in Figure 4.30b and Figure 4.30c . The ver-
tical velocity section shows negative anomalies, reaching a maximum value of 0.012
Pas−1, between 80◦E to 100◦E. Slight positive velocity anomalies reaching values of
0.003 Pas−1 are found at 60◦E. Zonal divergent wind anomalies over the central In-
dian Ocean show westerly anomalies (∼0.4 ms−1) in the upper levels and easterly
anomalies (∼ 0.15 ms−1) in the lower levels. These changes between the CTRL and
MODERATE are consistent with a weakening of the transverse circulation.
Figure 4.31 displays the anomalous Walker circulation. Anomalous downward mo-
tion is found over the western–central Pacific (150◦E - 200◦E) and over the Americas
(300◦E). Anomalous upward motion is found over the eastern Indian Ocean and over
the eastern Pacific. The vertical velocity cross section (Fig 4.31c) indicates that neg-
ative anomalies (associated with anomalous downward motion) between 150◦E and
200◦E reach values of 0.01 Pas−1. Negative vertical velocity anomalies over the Amer-
icas are weaker than over the western Pacific, approaching 0.004 Pas−1. Weak positive
anomalies over the eastern Indian Ocean reach 0.004 Pas−1. The zonal divergent cross
section (Fig. 4.31b) shows negative anomalies (0.3 ms−1) in the upper troposphere,
which is consistent with a decrease in upper level divergent westerlies. A weakening
of the low level easterlies is also evident in the central Pacific, with positive anomalies
reaching 0.2 ms−1. This pattern of anomalies is consistent with a weakening of the
Walker circulation and in particular with a weakening of the ascending branch over
the western Pacific.
The anomalous local Hadley circulation over the eastern Indian Ocean is plotted
in Figure 4.32. Anomalous downward motion over the Bay of Bengal (10◦N - 20◦N)
reach values of 0.007 Pas−1 (Fig. 4.32c). In the upper trosposphere, the meridional
divergent cross section (Fig. 4.32b) shows positive anomalies (∼ 0.2 ms−1), indicating
a weakening of the upper northerly divergent winds between 10◦N and 0◦. The
meridional wind section also shows a decrease in the lower level southerlies over this
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same region. An anomalous upward motion is observed south of the equator (10◦S -
0◦), indicating that this portion of the ascending branch intensifies. Positive vertical
velocity anomalies reach values of 0.007 Pas−1 over this region. This pattern of
anomalies suggests a weakening of the ascending branch of the meridional circulation
over the Bay of Bengal, again consistent with a weaker monsoon.
Figure 4.33 shows the anomalous local Hadley circulation over the western Indian
Ocean. The largest anomalies are found between 10◦S and the equator, a region
of ascending motion in CTRL. Anomalous downward motion exists around 10◦S,
reaching values of 0.01 Pas−1. Around the equator, positive vertical velocities (Fig
4.33c) have values of 0.008 Pas−1. The meridional divergent wind cross section shows
a weakening of the southerly winds in the lower troposphere and the northerly winds
in the upper levels south of 10◦S. North of 10◦S the reverse situation is observed.
This pattern of anomalies suggests decay in the southern portion of the ascending
branch of the circulation, which could result in decreased convective activity over the
western-central equatorial Indian Ocean.
Mass fluxes associated with each one of the circulations described above are listed
in Table 4.2. For this experiment, all the circulations exhibit a decrease in the mass
transport compared with the CTRL, but the western Hadley circulation. Larger dif-
ferences with CTRL are observed for the Walker circulation and the lateral circulation
over the eastern Indian Ocean. These results are consistent with a weakening of the
ascending branch over Bay of Bengal and the western Pacific Ocean. Overall, the
monsoon circulation is weaker in MODERATE than in CTRL.
4.2.2.2 Precipitation patterns
Precipitation and OLR differences between MODERATE and CTRL are displayed in
Figure 4.34. Positive anomalies in OLR, consistent with decreases in precipitation are
seen over Bay of Bengal and the central equatorial Indian Ocean. Negative differences
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in OLR, consistent with increases in precipitation are evident over Indonesia. This
anomaly pattern further confirms the weakening of the monsoon circulation and in
particular, the decline in the ascending branch over southeast Asia and Bay of Bengal.
4.2.3 Circulation and precipitation differences for Experiment 3
(“WARM” 1990 -2000)
In this section, differences between Experiment 3 (hereafter WARM) and CTRL are
described. In this experiment the model is forced by monthly SST averaged from
1990 to 2000 (see Table 3.1 and Figure 3.3).
4.2.3.1 Circulation patterns
Summer SST differences are displayed in Figure 4.35a. With the exception of the
North Pacific the surface temperatures are almost universally warmer. Small positive
anomalies of about 0.2◦C are found in the tropical oceans and tropical land areas.
The largest positive anomalies are located in the eastern Pacific and eastern Atlantic
oceans, reaching values of 0.6◦C. This warmer world is consistent with a reduced sur-
face pressure throughout the tropics and subtropics except in the western sectors of
the North and South Pacific. Negative pressure differences of about 0.2 hPa extend
over the eastern Indian Ocean and Bay of Bengal. Slightly negative pressure anoma-
lies are observed over the central equatorial Pacific Ocean and the western Indian
Ocean. The CEPG index has the same value than in CTRL (12.5 hPa; see Table 4.1)
suggesting no intensification or decline in the cross-equatorial flow.
Figure 4.36 shows differences in the zonal wind between WARM and CTRL. At
the 850-hPa level, positive anomalies over the equatorial Indian Ocean and southeast
Asia indicate that westerly winds are stronger than in CTRL. Maximum westerly
anomalies reach values of 0.8 ms−1 over Indonesia. Positive anomalies (∼0.6 ms−1)
are also found in the western equatorial Pacific Ocean. At the 200-hPa level (Fig.
4.36b), easterly anomalies exist over the central equatorial Indian Ocean, implying
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strengthening of easterlies over this region compared with the CTRL case. Negative
anomalies reach values of 0.5 ms−1. Easterly anomalies area also found over the
central equatorial Pacific Ocean, approaching 1 ms−1. The WYI shear index is larger
than in CTRL (see Table 4.1), which is consistent with intensification of westerlies in
the lower troposphere and of the easterlies in the upper atmosphere south of 10◦N.
The WSI index is the same as in CTRL, also consistent with the small magnitude of
the zonal wind anomalies north of 10◦N.
Differences in meridional wind between WARM and CTRL are plotted in Figure
4.37. At the 850-hPa level, negative differences (∼0.2 ms−1) over western Bay of
Bengal indicate that southerly winds are weaker in WARM than in CTRL over this
region. Southerly anomalies (∼0.2 ms−1) are evident over the South China Sea. At
the 200-hPa level, no significant differences are evident over Bay of Bengal. A region
of negative anomalies, reaching values of 0.4 ms−1, exists over the south–western
Indian Ocean. The MHI index is smaller than in CTRL (see Table 4.1), accounting
for the reduction in low-level southerly winds over Bay of Bengal.
Figure 4.38 shows the longitude-height section of the cross-equatorial anomalous
meridional flow (WARM - CTRL). The magnitude of the cross equatorial Somali jet
is very similar in both experiments. In fact, SOM2 has a value of 2.9 ms−1(same
value as in CTRL, see Table 4.1), confirming that the cross-equatorial flow in the
western Indian Ocean show no significant changes in WARM. In the upper tropo-
sphere, negative anomalies, reaching values of 0.2 ms−1, are evident over the eastern
Indian Ocean. In WARM, SOM1 has a value of 3.9 ms−1 (5.4% more than CTRL),
consistent with westerlies intensification over the northern Indian Ocean.
Figure 4.39 shows differences in velocity potential between WARM and CTRL. At
the 850-hPa level positive differences (anomalous convergence) exist over southeast
Asia and the western Pacific Ocean and negative differences (anomalous divergence)
exist over the Atlantic Ocean and South America. This anomaly pattern is opposite
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to the patterns observed in COLD and MODERATE, and suggests that both con-
vergence and divergence is enhanced at the lower level, implying that the large scale
circulation is stronger than in CTRL. Anomalies leveling the upper troposphere con-
firm this behavior. At the 200-hPa level negative anomalies are observed in regions
of mean divergence (South Asia) and positive anomalies exist over regions of mean
convergence (Atlantic Ocean). Overall, the impact of the changes in SST is to cause
a strengthening of the large scale circulation and a shift in the centers of convergence
and divergence.
Differences in omega at 500-hPa are plotted in Figure 4.40. Slightly negative
anomalies exist over the eastern Bay of Bengal and southeast Asia, meaning that
upward motion over this region is stronger than in CTRL. Negative differences are also
observed over the western-central equatorial Pacific Ocean. Stronger upward motion
in a region of anomalous convergence implies an intensification of the ascending branch
of the divergent circulations over southeast Asia.
Transverse circulation differences (WARM - CTRL) are displayed in Figure 4.41.
Anomalous upward motion is found over eastern Bay of Bengal and southeast Asia
(90◦E - 100◦E). Anomalous downward motion is found over Africa, India and the
western Indian Ocean. Differences in zonal divergent wind and vertical velocity (Fig.
4.41b and Fig 4.41c) show in more detail the anomalous circulation. Vertical velocity
differences show positive anomalies (associated with upward motion) around 100◦E,
approaching values of 0.006 Pas−1. Between 20◦E and 60◦E, negative anomalies reach
values of 0.002 Pas−1. Zonal divergent wind differences show negative anomalies
reaching values of 0.3 ms−1 in the upper troposphere. Slightly positive anomalies
(∼0.01 ms−1) are found in the lower troposphere over the eastern Indian Ocean. This
pattern of anomalies is consistent with a strengthening of the transverse circulation
and a stronger monsoon.
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Figure 4.42 shows the anomalous Walker circulation WARM - CTRL. Anoma-
lous upward motion is evident over the western-central Pacific Ocean. Anomalous
downward motion is observed over the eastern Indian Ocean and over the Americas.
The vertical velocity cross section (Fig 4.42c) shows positive anomalies (associated
with upward motion) reaching values of 0.01 Pas−1 around 175◦E. Negative vertical
velocity anomalies over the eastern Indian Ocean reach 0.006 Pas−1. Downward mo-
tion anomalies over the eastern Pacific and the Americas are about 0.004 Pas−1. The
zonal divergent cross section over the central Pacific shows westerly anomalies in the
upper troposphere and easterly anomalies in the lower troposphere. This anomaly
pattern is consistent with an eastward shift of the Walker circulation and subsidence
over the eastern Indian Ocean.
Figure 4.43 depicts the anomalous local Hadley circulation over the eastern In-
dian Ocean. Anomalous upward motion is evident in the northern hemisphere over
Bay of Bengal and in the southern hemisphere around 8◦S. A region of anomalous
downward motion exists between these two anomalous upward branches. Vertical
velocity differences (Fig 4.43c) confirm this anomalous pattern, with positive anoma-
lies around 10◦N reaching 0.005 Pas−1 and around 10◦S approaching 0.003 Pas−1.
Negative anomalies around 0◦ reach 0.005 Pas−1. The meridional wind divergent sec-
tion (Fig 4.43b) shows northerly anomalies in the upper levels. The magnitude of the
anomalies in the lower level is small. This anomaly pattern suggests an intensification
of the ascending branch over the Bay of Bengal.
The anomalous local Hadley circulation over the western Indian Ocean is plotted
in Figure 4.44. Weak anomalous upward motion is found around 10◦N, reaching
values of 0.003 Pas−1 (Fig. 4.44c). Weak anomalous downward motion is observed
north and south of this region. The meridional divergent wind anomalies (Fig 4.44c)
are also small, suggesting that the western Hadley circulation exhibits no significant
changes relative to the CTRL.
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Mass fluxes associated with each one of the circulations described above are listed
in Table 4.2. The mass flux associated with the transverse circulation is larger in
WARM than in CTRL, indicating an increase in the mass transport into southeast
Asia and consistent with a strengthening of this circulation. The mass flux associated
with the eastern local Hadley circulation is smaller than in CTRL indicating that the
meridional divergent wind anomalies are smaller than in CTRL through the center
of the circulation. Thus, the mass flux alone is not a good indicator of the strength
of the anomalous circulation.
4.2.3.2 Precipitation patterns
Figure 4.45 displays differences in precipitation and OLR. Regions of negative dif-
ferences in OLR are consistent with regions of positive differences in precipitation.
Increased precipitation is observed over eastern Bay of Bengal and southeast Asia,
consistent with a strengthening of the ascending branch over southeast Asia and with
a stronger transverse circulation. Slightly negative differences in precipitation and
positive differences in OLR exist over the Indian peninsula, consistent with increased
subsidence near 80◦E and an eastward shift of the circulation pattern and possibly
the weaker AIRI for the period shown in Figure 2.2.
4.2.4 Circulation and precipitation differences for Experiment 4
(“BUMP” 1938– 1942)
In this section, differences between Experiment 4 (hereafter BUMP) and CTRL are
described. In this experiment the model is forced by monthly SST averaged from
1938 to 1942 (see Table 3.1 and Figure 3.3).
4.2.4.1 Circulation patterns
Seasonal mean surface temperature differences fields for JJAS are shown in Figure
4.46a. Negative anomalies of about 0.3◦C are found over the northern Indian Ocean,
south Asia and the western equatorial Pacific Ocean. Warm anomalies of about
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0.2◦C exists over the southern Indian Ocean and the equatorial eastern Pacific. One
prominent feature of this period is the co-occurrence of the positive phases of the
Pacific decadal oscillation (PDO) and the Atlantic Multidecadal oscillation (AMO).
Figure 4.46b shows sea level pressure differences for BUMP. Positive pressure
anomalies reaching 1.5 hP extend over India, Arabian Sea and the Bay of Bengal.
Slightly positive anomalies are also observed over the western Pacific Ocean. Negative
anomalies (∼ 0.3 hPa) are present in the southern Indian Ocean east from Madagascar
and over the eastern Pacific. The increase in SLP over south Asia is larger than the
decrease in SLP in the southern Indian Ocean so that the pressure gradient between
these two regions decreases. This is further confirmed by the CEPG index, which
shows a decrease from 12.5 hPa in CTRL to 11.6 hPa in BUMP (see Table 4.1).
The SLP pattern associated with the SST BUMP distribution exhibit the largest
pressure anomalies over India and the northern Indian Ocean, relative to the other
experiments.
Differences in the 850-hPa zonal winds between BUMP and CTRL are plotted in
Figure 4.47a. Negative anomalies are evident in the northern Indian Ocean, including
the Arabian Sea and Bay of Bengal, and the Indian peninsula, indicating that zonal
winds are weaker than in CTRL. Maximum easterly anomalies in the area reach values
> 1.5 ms−1. South from this region, a region of positive anomalies (∼0.8 ms−1) is
observed. Positive anomalies are also found in the central equatorial Pacific Ocean,
approaching values of 1.5 ms−1. At the 200-hPa level (Fig 4.47b), differences in zonal
wind show a region of positive anomalies over the western Indian Ocean, extending
into the southern tip of India and Bay of Bengal, suggesting a weakening of the
Tropical Easterly Jet. Anomalies reach values of 2.5 m s−1 off the Somali coast. Over
the western equatorial Pacific Ocean, negative anomalies reach values of 1.5 ms−1.
The circulation indices, WYI and WSI, are both smaller than in CTRL (see Table
4.1), confirming the weakening of the zonal vertical shear and suggesting a weakening
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of the monsoon circulation.
Differences in meridional wind between BUMP and CTRL are shown in Figure
4.48. At the 850-hPa level, negative differences are found in the western Indian Ocean
along the Somali coast and in Bay of Bengal. Negative differences along the Somali
coast reach vales of -1 ms−1 and indicate a weakening of the Somali jet. Positive
anomalies approaching 0.4 ms−1 are found over the Arabian Sea. At the 200-hPa level
positive anomalies are observed in the eastern Indian Ocean and over Bay of Bengal.
Anomalous southerly wind reaches maximum values of 0.8 m s−1. The pattern of
meridional wind anomalies suggests a diminished low level cross-equatorial flow and
a weaker lateral circulation. The MHI decreases relative to the CTRL case (see Table
4.1) which is again consistent with a weakening of the local Hadley circulation.
Figure 4.29 shows a longitude-height section of the cross-equatorial meridional
wind differences averaged between 5◦S and 5◦N. In the lower troposphere, negative
anomalies from 40◦E to 70◦E confirm the weakening of the cross-equatorial Somali jet.
Northerly anomalies in the lower levels are also found over the eastern India Ocean.
Maximum negative anomalies reach values of 1 ms−1. In the upper troposphere,
positive anomalies are found between 400-hPa and 200-hPa over the central – eastern
Indian Ocean. Anomalies over the eastern India Ocean reach values of 0.7 ms−1. In
BUMP SOM1 has a value of 3.2 ms−1 (13% less than CTRL), suggesting a decrease
in intensity of the southwesterly jet. SOM2 has a value of 2.5 ms−1 (16% less than
CTRL), confirming the decay in the cross-equatorial flow over the western Indian
Ocean.
Velocity potential differences between BUMP and CTRL are plotted in Figure
4.50. At the 850-hPa level, negative differences are found over South Asia and the
western Pacific and positive differences are observed over the eastern Pacific Ocean,
the Americas and the Atlantic Ocean. Velocity potential anomalies at the 200-hPa
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level show positive differences over South Asia and negative anomalies over the At-
lantic Ocean, Africa and eastern Pacific. This anomaly pattern is similar to that
found in MODERATE although somewhat stronger and suggests that large scale
monsoonal circulations are weaker than in CTRL.
Figure 4.51 displays omega differences between BUMP and CTRL at 500-hPa.
Weaker upward motion than in CTRL exists over the Indian Peninsula, western equa-
torial Indian Ocean and Bay of Bengal. Stronger upward motion is found over the
western-central Pacific Ocean (170◦E). Weaker upward motion in a region of anoma-
lous divergence suggests a possible decline in the ascending branch of the divergent
monsoon circulations over Southeast Asia.
The anomalous transverse circulation (Figure 4.52a) shows anomalous downward
motion over the Bay of Bengal (∼ 90◦E), Arabian Sea and Indian peninsula. The
vertical velocity cross sections (Figure 4.52c) shows negative anomalies (associated
with anomalous downward motion) around 90◦E, reaching 0.024 Pas−1. Negative
anomalies between 60◦E and 80◦E reach 0.01 Pas−1. In the western Indian Ocean
positive anomalies reach 0.006 Pas−1. The zonal divergent wind section (Fig 4.52b)
displays positive anomalies (∼ 0.8 ms−1) over the central-western Indian Ocean in
the upper troposphere. Weaker easterly anomalies (∼ 0.3 m s−1) are evident in the
lower levels. This anomaly pattern is consistent with a weakening of the circulation
and a weaker monsoon.
The anomalous Walker circulation is presented in Figure 4.53a. Anomalous down-
ward motion is observed over the western Pacific Ocean near 150◦E, and strong
anomalous upward motion is found near 170◦E. The vertical velocity cross section
(Fig 4.53c) shows negative anomalies west of 160◦E and near 200◦E. Maximum neg-
ative anomalies reach values of 0.012 Pas−1 at 200◦E. A region of strong positive
anomalies is found around 170◦E, reaching values of 0.02 Pas−1. Whereas the zonal
divergent wind (Figure 4.53b) anomalous pattern exhibits a complex structure, it
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suggests a weakening of the westerlies in the upper troposphere and a weakening of
the easterlies in the lower levels over the central Pacific Ocean. This anomaly pattern
is consistent with an eastward shift of the Walker circulation and a weakening of the
ascending branch over Indonesia.
Figure 4.54a depicts the anomalous local Hadley circulation over the eastern In-
dian Ocean. Anomalous downward motion is evident over the Bay of Bengal and
anomalous upward motion is found in the southern hemisphere around 10◦S. Vertical
velocity cross section (Fig 4.54c) anomalies support these findings showing downward
anomalies between 10◦N and 20◦N, approaching 0.02 Pas−1 and upward anomalies
around 10◦S reaching 0.007 Pas−1. Meridional divergent wind anomalies (Fig 4.54b)
show a weakening of the low level southerlies, with negative anomalies in the lower
levels (∼ 0.8 ms−1) and a weakening of the upper level northerlies, with positive
anomalies at 200hPa approaching 0.4 ms−1. This pattern of anomalies is consistent
with a decline in the ascending branch of the meridional circulation over southeast
Asia and Bay of Bengal and with a weaker monsoon.
The anomalous local Hadley circulation over the western Indian Ocean (Figure
4.55a) displays anomalous upward motion at 10◦S and anomalous downward motion
in the northern hemisphere. Vertical velocity anomalies (Fig 4.55c) show downward
anomalies approaching 0.006 Pas−1 around 17◦N. In the southern hemisphere positive
anomalies reach 0.008 Pas−1 around 10◦S. Meridional divergent wind anomalies are
negative in the lower troposphere from 10◦S to 20◦N and positive between 10◦N
and 20◦S in the upper troposphere (Figure 4.55b). This anomaly pattern suggests
a weakening of the ascending branch around 5◦S and increasing subsidence in the
northern hemisphere.
For this experiment, largest negative differences (BUMP - CTRL) in mass fluxes
are observed for the transverse circulation and lateral monsoon over the eastern Indian
Ocean (see Table 4.2), indicating a decrease in the transport of mass into the southeast
73
Asian region, again consistent with a weaker monsoon. Transport associated to the
lateral monsoon over the western Indian Ocean also decreases.
4.2.4.2 Precipitation patterns
Figure 4.56 shows differences in OLR and precipitation between BUMP and CTRL.
Large positive differences in OLR (Fig 4.56a), consistent with negative differences
in precipitation (Fig 4.56b) are evident over the Indian Peninsula, Bay of Bengal
and the western Indian Ocean. More precipitation than in CTRL is found south
of the equator in the eastern Indian Ocean. Over the Pacific Ocean, large positive
precipitation anomalies are found around 170◦E. Negative precipitation anomalies
occur west of this region. The anomalous precipitation pattern is consistent with an
overall weakening of the divergent circulations.
4.3 Summary
The results described in the previous sections demonstrate that the mean large scale
monsoonal circulation responds to changes in the SST distribution. The colder SST
(COLD) configuration, leads to a reduced pressure gradient between the northern land
and the southern ocean causing weaker cross-equatorial flow and weaker westerlies
in the lower level. The indexes used to describe the Somali jet strength confirm the
weakening of the cross–equatorial flow, showing a decrease in intensity across the
equator and over the western Indian Ocean. A reduced Somali jet suggests a decline
in the amount of momentum and water vapor that is transported into India and Bay
of Bengal.
In general, regions of active convection are located in the vicinity of areas of
low level convergence and upper level divergence (Krishnamurti, 1971, Krishnamurti,
1973). Velocity potential fields for the COLD experiment display a weakening of the
center of convergence at the lower level and a weakening of the center of divergence
at the upper level over south Asia, suggesting a large scale weakening of the monsoon
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circulation. A modification in the convergence and divergence patterns, imply a
modification in the vertical velocities and convection patterns.
Since COLD depicts a weaker large scale circulation, weaker vertical velocities
are expected. Omega 500 h-Pa fields show reduced vertical velocities over Bay of
Bengal and the Indian peninsula, suggesting a decline in the ascending branch of the
divergent circulations associated with the summer monsoon.
A detailed examination of the circulations shows a decrease in the upward motion
over India and Bay of Bengal. This decrease is more evident in the ascending branch
of the transverse circulation. Moreover, the Walker Circulation exhibits an eastward
shift which brings subsidence over the equatorial eastern Indian Ocean. The reduction
in upward motion over India and Bay of Bengal is further confirmed by the reduction
in convective activity and precipitation over these areas. Increased vertical velocities
over southeast Asia and the South China Sea are associated with an eastward shift of
the ascending branch of the transverse circulation. These conditions favor an increase
in convective activity and enhanced precipitation over these areas.
In MODERATE, SSTs anomalies are negative in the tropical band but in less
magnitude than in COLD. The central equatorial Indian Ocean is the region that
exhibits larger negative anomalies in the tropics. The SLP associated with this SST
distribution shows a larger increase in pressure over the southern ocean than over the
land to the north. Resulting pressure gradients generate decreased southerlies along
the coast of Tanzania and Kenya and increased southerlies off the Somali coast. SLP
gradients between the western Indian Ocean and the eastern Indian Ocean induce
decreased low level westerlies over the central and western equatorial Indian Ocean
and over the Bay of Bengal. The Somali jet indexes for MODERATE support these
results showing an increase in SOM2 (14% more than in CTRL) and a decrease in
SOM1 (8.1 less than CTRL value). The increase in SOM2 accounts for the increased
southerlies north of the Equator and further out off the African coast. The decrease
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in SOM1 is explained by the reduction in westerlies over the western Indian Ocean.
Moreover, the cross-equatorial wind section displays negative anomalies over the
eastern Indian Ocean. This reduction in meridional flow is also observed in the low
level wind field over the Bay of Bengal. The wind pattern, just described, favors
decreased convergence over south Asia, especially over Bay of Bengal and the eastern
Indian Ocean. Upper level fields are consistent with the low level circulation showing
decreased easterlies over the central Indian Ocean and weaker divergence over South
Asia. Furthermore, the zonal vertical shear decreases in the northern-central Indian
Ocean and the meridional vertical shear is diminished over the eastern Indian Ocean.
An evaluation of the divergent circulations shows a diminished ascending branch
over the Bay of Bengal and southeastern Asia in the transverse circulation and over
the north-eastern Indian Ocean in the local Hadley circulation. The decrease in the
upward motion is stronger in the transverse circulation. Moreover, the magnitude of
the negative anomalies is larger in MODERATE than in COLD. In the Walker circu-
lation, a reduction in the upward motion is more visible over the west Pacific. As a
result, vertical velocities (omega) decrease over Bay of Bengal, southeastern Asia and
the western equatorial Pacific, giving rise to increased OLR and decreased precipita-
tion. Similarly, negative precipitation anomalies over the western equatorial Indian
Ocean are explained by a weakening of the southern portion of the local western
Hadley circulation. Overall, the circulation patterns associated with the MODER-
ATE SST distribution are consistent with a weakening of the monsoon circulation.
A warmer SST configuration (WARM) is associated with a decrease in sea level
pressure throughout the tropics. Over the Indian Ocean the decrease in SLP is
larger over the eastern side than over the western side, favoring an increase in low
level westerlies over the equatorial Indian Ocean. In the upper level, easterly winds
intensify over the tropical Indian Ocean. As a result, the zonal vertical shear increases
relative to the CTRL case.
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A closer examination of the cross-equatorial flow shows that the magnitude of
the anomalies is small compared with the other cases. The index SOM2 has the
same value as in CTRL. SOM1, on the other hand, has the largest value of all the
experiments (see Table 4.1), accounting for an increase in westerly intensity over the
northern Indian Ocean.
In a consistent manner, velocity potential fields display an increase in low-level and
upper level divergence over the eastern Bay of Bengal and southeast Asia, consistent
with a stronger monsoon circulation. This circulation pattern favors intensification
of the ascending branch of the divergent circulations over southeast Asia. An exam-
ination of the transverse and local eastern Hadley circulations confirms this intensi-
fication, showing increased upward velocities over Bay of Bengal and southeast Asia.
The Walker circulation, on the other hand, reveals increased upward motion over the
west Pacific. The strengthening of the ascending branch reflects in the precipitation
field, showing enhanced precipitation over Bay of Bengal and southeast Asia and the
west Pacific. Again, the pattern of the anomalous circulation is consistent with a
stronger monsoon.
In the BUMP experiment, SSTs anomalies are slightly negative in the northern
Indian Ocean and slightly positive in the southern tropical Indian Ocean. In the
northern subtropical oceans, SSTs anomalies resemble the positive phases of the PDO
and AMO. The SLP associated with these SSTs depicts strong positive anomalies over
India, the Arabian Sea and Bay Bengal. The increase in SLP over land in conjunction
with a slight decrease in pressure over the southern ocean results in a reduced cross-
equatorial pressure gradient.
The resulting wind fields show decreased low level westerlies over the northern
Indian Ocean and decreased southerlies along the African coast. In the upper level,
the tropical easterly jet weakens and the meridional flow over the Bay of Bengal and
the eastern Indian Ocean is reduced. The BUMP experiment displays the largest wind
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anomalies of all the experiments over these regions. The meridional cross-section
along the equator shows a decrease in the cross equatorial flow along the African
coast and the eastern Indian Ocean. SOM2 in the BUMP case has the smallest
value compared to the other experiments, accounting for the decreased southerly
flow. SOM1 has also the smallest value, which is consistent with a larger decrease
in westerlies over the western Indian Ocean. This wind pattern favors decreased
low level convergence and decreased upper level divergence over South Asia, and a
weakening of the large scale circulation.
An examination of the divergent circulations related to the monsoon shows a large
decrease in the ascending branch over the Bay of Bengal and southeast Asia. The
BUMP experiment depicts the largest downward anomalies over Bay of Bengal and
East Asia in the transverse circulation and in the local eastern Hadley circulation
relative to the other experiments. Precipitation decreases accordingly over these
regions.
In the BUMP experiment, the magnitude of the local SSTs anomalies and “re-
mote” SSTs tropical anomalies is small compared with the other experiments. How-
ever, the response of the monsoon circulation to these anomalies is the largest. This
behavior suggests that not only local but remote SSTs impact the monsoon circula-
tion. In this particular case, large SST negative anomalies over the north Pacific and
large SST positive anomalies over the North Atlantic Ocean also modulate the large
scale tropical circulations.
In summary, the previous results confirm the importance of SST distribution
in regulating the strength of the Asian monsoon. SST gradients constitute a key
factor for controlling the intensity of the monsoonal winds and the strength of the
divergent circulations. Modified circulations could result in an increase or decrease of
moisture convergence into continental regions, ultimately impacting the development
of convective processes over these regions. In the next chapter, we investigate the
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association between SSTs, atmospheric circulation and moisture availability.
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Figure 4.1: a) Mean summer surface air temperature and SST from CTRL run. b)
Surface temperature differences between summer and winter season. Units are ◦C. c)
Mean summer sea level pressure from CTRL run. Units are hPa.
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Figure 4.2: a) Mean summer zonal wind field at 850-hPa level from CTRL run.









































Figure 4.3: a) Meridional wind averages for JJAS between 5◦S and 5◦N from CTRL.
Units are ms−1 b) Wind field at 850-hPa for JJAS.
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Figure 4.4: a) Mean summer zonal wind field at 200-hPa level from CTRL run. b)
Mean summer meridional wind field at 200-hPa from CTRL. Units are ms−1.
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Figure 4.5: Mean summer velocity potential from CTRL run at: a) 850-hPa level;
b) 200-hPa. Units are 106m2s−1.
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Figure 4.6: Schematic of the major divergent circulations associated with the south
Asian monsoon during the summer season.
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Figure 4.7: Mean summer omega at 500-hPa from CTRL sun. Units are Pa s−1.
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Figure 4.8: a) Transverse (zonal-vertical) circulation along 10◦N from CTRL. Zonal
divergent wind and omega are averaged between 5◦N and 16◦N from 0◦E to 115◦E.
b) Cross section of zonal divergent wind. Units are ms−1. c) Cross section of vertical
velocity. The vertical velocity is taken the negative of the pressure vertical velocity
in the model. Units are Pa s−1.
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Figure 4.9: a) Walker circulation along the equator from CTRL. Zonal divergent
wind and omega are averaged between 5◦S and 5◦N from 100◦E to 360◦E. b) Cross
section of zonal divergent wind along the equator. Units are ms−1. c) Cross section
of vertical velocity along the equator. The vertical velocity is taken the negative of
the pressure vertical velocity in the model. Units are Pa s−1.
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Figure 4.10: a) Local Hadley circulation over the Eastern Indian Ocean from CTRL.
Meridional divergent wind and omega are averaged between 80◦E and 115◦E from 38◦S
to 32◦N. b) Cross section of meridional divergent wind averaged between 80◦E and
115◦E. Units are ms−1. c) Cross section of vertical velocity for the same region as in
b). The vertical velocity is taken the negative of the pressure vertical velocity in the
model. Units are Pa s−1. d) Local Hadley circulation over the Western Indian Ocean
from CTRL. Meridional divergent wind and omega are averaged between 45◦E and
75◦E from 38◦S to 32◦N. e) As in b) but averaged between 45◦E and 75◦E. f) As in
c) but averaged between 45◦E and 75◦E.
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Figure 4.11: a) Mean summer OLR from CTRL run. Units are W m−2 b) Mean

































Figure 4.12: Regional map of precipitation and sea level pressure. Black contours













































Figure 4.13: a) Differences in surface temperature between COLD and CTRL for
the summer season. Units are ◦C. b) Differences in sea level pressure between COLD
and CTRL. Units are hPa.
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Figure 4.14: Differences in zonal wind between COLD and CTRL at: a) 850-hPa
level; b) 200-hPa level. Units are ms−1.
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Figure 4.15: Differences in meridional wind between COLD and CTRL at: a) 850-





























Figure 4.16: Seasonal mean cross equatorial meridional wind differences between
COLD and CTRL. Differences are averaged between 5◦S and 5◦N. Units are ms−1.
96




































Figure 4.17: Differences in velocity potential between COLD and CTRL at: a)
850-hPa level; b) 200-hPa level. Units are 106m2s−1.
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Figure 4.18: Differences in omega between COLD and CTRL at 500-hPa level.
Units are Pa s−1.
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Figure 4.19: a) Anomalous transverse circulation (COLD - CTRL). Zonal divergent
wind and omega differences are averaged between 5◦N and 16◦N from 0◦E to 115◦E. b)
Cross section of zonal divergent wind differences. Units are ms−1. c) Cross section of
vertical velocity differences. The vertical velocity is taken the negative of the pressure
vertical velocity. Units are Pa s−1.
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Figure 4.20: a) Anomalous Walker circulation (COLD - CTRL). Zonal divergent
wind and omega anomalies are averaged between 5◦S and 5◦N from 100◦E to 360◦E.
b) Cross section of zonal divergent wind differences along the equator. Units are
ms−1. c) Cross section of vertical velocity differences along the equator. Units are Pa
s−1.
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Figure 4.21: a) Anomalous local Hadley circulation over the eastern Indian Ocean
(COLD - CTRL). b) Cross section of meridional divergent wind differences. Units
are ms−1. c) Cross section of vertical velocity differences. Units are Pa s−1.
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Figure 4.22: a) Anomalous local Hadley circulation over the western Indian Ocean
(COLD - CTRL). b) Cross section of meridional divergent wind differences. Units
are ms−1. c) Cross section of vertical velocity differences. Units are Pa s−1.
102











































































Figure 4.24: a) Differences in surface temperature between MODERATE and CTRL
for the summer season. Units are ◦C. b) As in a) but for sea level pressure. Units are
hPa.
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Figure 4.25: Differences in zonal wind between MODERATE and CTRL at: a)
850-hPa level; b) 200-hPa level. Units are ms−1.
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Figure 4.26: Differences in meridional wind between MODERATE and CTRL at:





























Figure 4.27: Seasonal mean cross equatorial meridional wind differences between
MODERATE and CTRL. Meridional wind differences are averaged between 5◦S and
5◦N. Units are ms−1.
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Figure 4.28: Differences in velocity potential between MODERATE and CTRL at:
a) 850-hPa level; b) 200-hPa level.
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Anomalous Transverse circulation (5.5N−16.5N)a)
b)
c)
Figure 4.30: a) Anomalous transverse circulation (MODERATE-CTRL). b) Cross
section of zonal divergent wind differences. Units are ms−1. c) Cross section of vertical
velocity differences. Units are Pa s−1.
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Figure 4.31: a) Anomalous Walker circulation (MODERATE-CTRL). b) Cross
section of zonal divergent wind differences along the equator. Units are ms−1. c)
Cross section of vertical velocity differences along the equator. Units are Pa s−1.
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Figure 4.32: a) Anomalous local Hadley circulation over the eastern Indian Ocean
(MODERATE-CTRL). b) Cross section of meridional divergent wind anomalies.
Units are ms−1. c) Cross section of vertical velocity anomalies. Units are Pa s−1.
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Figure 4.33: a) Anomalous local Hadley circulation over the western Indian Ocean
(MODERATE-CTRL). b) Cross section of meridional divergent wind anomalies.
Units are ms−1. c) Cross section of vertical velocity anomalies. Units are Pa s−1.
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Figure 4.35: a) Differences in surface temperature between WARM and CTRL for
the summer season. Units are ◦C. b) As in a) but for sea level pressure. Units are
hPa.
115






























Figure 4.36: Differences in zonal wind between WARM and CTRL at a) 850-hPa
level; b) 200-hPa level. Units are ms−1.
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Figure 4.37: Differences in meridional wind between WARM and CTRL at a) 850-





























Figure 4.38: Seasonal mean cross equatorial meridional wind differences between
WARM and CTRL. Meridional wind differences are averaged between 5◦S and 5◦N.
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Figure 4.39: Differences in velocity potential between WARM and CTRL at a)
850-hPa level; b) 200-hPa level.
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Figure 4.40: Differences in omega between WARM and CTRL at 500-hPa level.
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Figure 4.41: a) Anomalous transverse circulation (WARM-CTRL). b) Cross section
of zonal divergent wind differences along the equator. Units are ms−1. c) Cross section
of vertical velocity differences along the equator. Units are Pa s−1.
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Figure 4.42: a) Anomalous Walker circulation (WARM-CTRL). b) Cross section of
zonal divergent wind differences along the equator. Units are ms−1. c) Cross section
of vertical velocity differences along the equator. Units are Pa s−1.
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Figure 4.43: a) Anomalous local Hadley circulation over the eastern Indian Ocean
(WARM-CTRL). b) Cross section of meridional divergent wind anomalies. Units are
ms−1. c) Cross section of vertical velocity anomalies. Units are Pa s−1.
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Figure 4.44: a) Anomalous local Hadley circulation over the western Indian Ocean
(WARM-CTRL). b) Cross section of meridional divergent wind anomalies. Units are
ms−1. c) Cross section of vertical velocity anomalies. Units are Pa s−1.
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Figure 4.46: a) Differences in surface temperature between BUMP and CTRL for
the summer season. Units are ◦C. b) As is a) but for sea level pressure. Units are
hPa.
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Figure 4.47: Differences in zonal wind between BUMP and CTRL at a) 850-hPa
level; b) 200-hPa level. Units are ms−1.
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Figure 4.48: Differences in meridional wind between BUMP and CTRL at a) 850-





























Figure 4.49: Seasonal mean cross equatorial meridional wind differences between
BUMP and CTRL. Meridional wind differences are averaged between 5◦S and 5◦N.
Units are ms−1.
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Figure 4.50: Differences in velocity potential between BUMP and CTRL at a)
850-hPa level; b) 200-hPa level.
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Figure 4.51: Differences in omega between BUMP and CTRL at 500-hPa level.
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Figure 4.52: a) Anomalous transverse circulation (BUMP-CTRL). b) Cross section
of zonal divergent wind anomalies. Units are ms−1. c) Cross section of vertical
velocity anomalies. Units are Pa s−1.
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Figure 4.53: a) Anomalous Walker circulation (BUMP-CTRL). b) Cross section of
zonal divergent wind differences along the equator. Units are ms−1. c) Cross section
of vertical velocity differences along the equator. Units are Pa s−1.
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Figure 4.54: a) Anomalous local Hadley circulation over the eastern Indian Ocean
(BUMP-CTRL). b) Cross section of meridional divergent wind anomalies. Units are
ms−1. c) Cross section of vertical velocity anomalies. Units are Pa s−1.
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Figure 4.55: a) Anomalous local Hadley circulation over the eastern Indian Ocean
(BUMP-CTRL). b) Cross section of meridional divergent wind anomalies. Units are
ms−1. c) Cross section of vertical velocity anomalies. Units are Pa s−1.
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MOISTURE TRANSPORT AND PRECIPITATION
VARIABILITY IN THE SOUTH ASIAN MONSOON
SST changes from era to era are not uniform and there is a strong regionality in
these changes. Moreover, monsoon precipitation does not follow the changes in SST
exactly. The influence of SST changes on the monsoon system is complicated, as it
impacts the circulation while, through Clausius Clapeyron effect produces non-linear
moisture phase changes and differential convective heating. The juxtaposition of these
two effects is necessary to understand how SSTs variability modulates the monsoon
system. In Chapter 4 we investigated the impact of SST changes on the large-scale
monsoon circulation. In this chapter we carry out a moisture transport analysis to
relate the large-scale circulation changes with the structure of precipitation.
5.1 Moisture transport
Vertical integrated moisture transport (VIMT) is an important component of the
seasonal-mean atmospheric water balance equation. Since the atmospheric moisture
transport is controlled mostly by the low level monsoonal circulation, and the pattern
of SST is of prime importance in determining the low-level flow, a comparison of the
VIMT was performed for all the experiments discussed in Chapter 3.
The atmospheric moisture budget equation can be expressed as
∂W
∂t
= −∇Q+ E − P
where W is the precipitable water, E is the rate of evaporation and P represents
evaporation. Q is the vertically integrated moisture flux.
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Following Fasullo and Webster (2002), the vertically integrated moisture transport






q · U (∂p)
where q is specific humidity and U is the horizontal wind vector. According to Fasullo
and Webster (2002), the magnitude of the specific humidity is very small above 300-
hPa when compared to the surface values and therefore moisture transport above this
level is not considered in the calculation of VIMT.
To illustrate differences in moisture transport between different sectors in the In-
dian Ocean, the Pacific Ocean and monsoonal regions of active convection, VIMT
was integrated across key boundaries similar to those described by Fasullo and Web-
ster (2002). These boundaries are located between the northern hemisphere and the
southern hemisphere, the western Pacific Ocean and the western and eastern Indian
Ocean, near equatorial and south Asian regions of deep convection. Calculations of
VIMT are presented as a mean value for the summer months JJAS. The Asian mon-
soon domain covers south Asia, southeast Asia, west-central Pacific, the southern
Indian Ocean and the northern Indian Ocean. In the VIMT diagram shown in Figure
5.1 for the CTRL, the integrated VIMT is positive to the east across a north-south
boundary and positive to the north across an east-west boundary.
The VIMT for the CTRL, COLD, MODERATE, WARM and BUMP are shown in
Figures 5.1-5, respectively. The largest westerly zonal VIMT occurs over the central-
eastern northern Indian Ocean, India, Bay of Bengal and southeast Asia. Easterly
VIMT flow takes place in the southern Indian Ocean and the central Pacific Ocean.
Large interhemispheric VIMT flow is found in the western Indian Ocean, South China
Sea and Indonesian region. The interhemispheric flow in these two distinct sectors
constitutes a cross-equatorial exchange of moisture that couples regions of strong
divergence in the southern hemisphere with regions of strong convergence in the
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northern hemisphere (Fasullo and Webster 2002). During summer, regions of strong
convergence are associated with the major centers of monsoonal convection in the
Bay of Bengal and the area surrounding the Philippines (Wang and Fan 1999). These
regions are characterized by low values of OLR (∼200 Wm−2) and by large values
of precipitation exceeding evaporation. Over the western Indian Ocean, the Somali
jet is responsible for the transport of moisture from the southern Indian Ocean into
the northern Indian Ocean and the Arabian Sea. This transport is controlled by
the strong meridional heating contrast. The meridional southerly component alone
carries ∼218 x 106kg s−1. Moisture that reaches the Arabian Sea is transported
westward into India and Bay of Bengal (∼89 x 106kg s−1). Over the western Pacific
Ocean, moisture is supplied by the divergent subtropical regions over the southern
Indian Ocean, northwest of Australia, and over the southern Pacific Ocean. Southerly
VIMT from the southern oceans, easterly VIMT from the Pacific and westerly VIMT
from the South Asian monsoon region carry a great amount of moisture (∼372 x 106kg
s−1) toward the convergent regions near the South China Sea and the Philippines.
Southerly VIMT flow into the Bay of Bengal is also reasonable (∼36 x 106kg s−1) but
not as large as expected. Southerly VIMT is exported from the Bay of Bengal and
from southeast Asia into northern Asia.
As noted in Chapter 3, the model has problems reproducing the strength of the
Somali jet and the westerlies that blow from the ocean into the Indian peninsula. For
this reason, values of VIMT coming into the Arabian Sea and into India are lower than
expected. For the purpose of this work, we are going to consider only comparative
differences in moisture transport between each one of the experiments and CTRL to
study the response of the South Asian monsoon to large scale SST variability and the
possible impacts in monsoonal rainfall variability.
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5.1.1 Differences in moisture transport associated with large scale sea
surface temperature variability
Figure 5.2 shows the boundary integrated differences of VIMT (106kg s−1) between
the COLD experiment (Table 3.1: 1925 - 35) and CTRL for the summer season. Large
bold numbers for boundary integrated VIMT indicate differences that are significant
at a 95% level. The bold letters in the center of the squares represent the net conver-
gence of the VIMT in an area. Large differences exist in the zonal VIMT transports
between the equator and 12◦N and in the meridional transports across the equator.
Differences in VIMT into the Arabian Sea include a decline in the Somali jet flux (-22
x 106kg s−1) and anomalous easterly VIMT across 40◦E (-12 x 106kg s−1). The impact
of these changes is consistent with a reduction in the amount of water vapor that is
transported from the southern Indian Ocean. Consistent with this decrease, westerly
zonal VIMT into India (-7 x 106kg s−1) and south of India and Bay of Bengal (-19 x
106kg s−1) is also reduced. Moreover, southerly moisture transport along 12◦N into
Bay of Bengal is also diminished by -22 x 106kg s−1. Overall, the moisture transport
convergence anomalies suggest that there is a reduction in moisture convergence over
India, Bay of Bengal and the northern eastern Indian Ocean. In fact, convergence of
moisture south of India and the Bay of Bengal (0◦ – 12◦N, 70◦E – 102◦E) is 15 x 106kg
s−1weaker in the COLD experiment than in CTRL. These results are consistent with
the findings described in Chapter 4, which revealed a decrease in precipitation over
Bay of Bengal and the Indian Peninsula (Figure 4.23b), and a weakening of Hadley
circulation over the eastern Indian ocean (Figure 4.21).
Figure 5.2 shows, in addition, an anomalous southerly VIMT across Indonesia
(14 x 106kg s−1), implying an increase in the magnitude of the interhemispheric
flow relative to CTRL. Westerly VIMT across 102◦E into Indonesia region increases
(22 x 106kg s−1), and easterly VIMT flow coming from the western Pacific Ocean
decreases (19 x 106kg s−1). Overall, there is an increase in the net moisture flux
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convergence in the North Indonesian domain and divergence over southern Indonesia.
These distributions are consistent with the dipole in precipitation anomalies in the
120◦-150◦E region across the equator (Figure 4.23). In Southeast Asia there is an
increase in moisture convergence over the Indonesian region of about +18 x 106kg s−1
relative to the CTRL case. However, there is decreased moisture convergence over
the Philippines region of about 5 x 106kg s−1 weaker than in CTRL. These findings
are also consistent with Figure 4.23b, showing an increase in precipitation at about
10◦N and a decrease in precipitation around 20◦N relative to CTRL.
In summary, the SST pattern during the 1925 - 35 is consistent with a weaker
monsoon with slightly below average precipitation (Figure. 4.23). The changes in
the SST distribution have changed the circulation patterns relative to CTRL with
accompanying changes in patterns of evaporation and precipitation.
The boundary integrated VIMT differences between the MODERATE experiment
and CTRL (1950 - 1960: Table 3.1) are shown in Figure 5.3. Of particular relevance
are the changes in the fluxes in the monsoon regions along the equator and 12◦N and
across 70◦E and 102◦E. Interhemispheric flow over the western Indian Ocean increases
by 5 x 106kg s−1 relative to the CTRL into the Arabian Sea region. Westerly flow
north of the equator across 40◦E decreases and results in a reduction of the flux
across 70◦E by -17 x 106kg s−1. This decrease is consistent with a large reduction in
moisture flux from tropical east Africa. Moreover, westerly VIMT into south of India
and Bay of Bengal (-17 x 106kg s−1) and southerly VIMT into Bay of Bengal (-7 x
106kg s−1) are also reduced. This anomalous moisture transport pattern over South
Asia produces a reduction in moisture convergence south of India and over the Bay
of Bengal. The anomalous moisture divergence over this region (0◦ - 25◦N, 70◦E –
102◦E) is of 11 x 106kg s−1 relative to the CTRL case. A comparison of monsoon
precipitation difference fields (Figure 4.34) between the MODERATE experiment
and CTRL shows a reduction in precipitation rate over Bay of Bengal and central
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equatorial Indian Ocean.
Over southeast Asia, anomalous zonal VIMT flow from the eastern Indian Ocean
into the Indonesian region is easterly, indicating a reduction of -7 x 106kg s−1. In
addition, anomalous VIMT flow is northerly across Indonesia (-9 x 106kg s−1) and
northerly across Philippines (-7 x 106kg s−1). This anomalous pattern of moisture
flux contributes to a decrease in moisture flux convergence in the Indonesian region.
Over the Philippines region, moisture flux convergence remains stable.
Figure 5.4 shows differences in boundary integrated VIMT between the WARM
experiment (Table 3.1: 1990 - 2000) and CTRL. There is a slight increase in the
cross-equatorial flux transport into the Arabian Sea (3 x 106kg s−1) and a decrease of
integrated VIMT between the central and equatorial South Indian Ocean at 70◦E (12 x
106kg s−1). There is also a reduction in the northward integrated VIMT into the north
Arabian Sea. Finally, there is a 20 x 106kg s−1 increase across 70◦E in the equatorial
Indian Ocean. The anomalous moisture flux pattern associated with this experiment
suggests a weakening of the moisture flux convergence in the Arabian Sea region and
a possible reduction in the westerly moisture flux into the Indian peninsula and Bay
Bengal. A decline in the westerly moisture flux could be associated with a southward
shift in the low level westerly jet over the Arabian Sea (e.g. Joseph and Simmon 2005),
which ultimately reduces the amount of water vapor that reaches the Indian peninsula
and the Bay of Bengal due to moisture flux convergence. Overall, the changes in flux
convergence and divergence are small commensurate with relative small changes in
precipitation patterns over the western Indian ocean and the monsoon regions (Figure
4.45).
In Southeast Asia, there is an anomalous westerly transport of 30 x 106kg s−1 at
102◦E into the Indonesian region. Interhemispheric flow into this region decreases,
displaying a northerly flow (-7 x 106kg s−1). Meridional flow across the Philippines
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increases in 22 x 106kg s−1. However, moisture convergence differences in the Indone-
sian region relative to CTRL are not significant. On the other hand, convergence
of moisture increases considerably over the Philippine region (∼18 x 106kg s−1) in
agreement with an increase in precipitation rate relative to CTRL (see Figure 4.45).
Figure 5.5 shows the JJAS boundary integrated VIMT differences between the
BUMP experiment and CTRL (1938 - 1942: Table 3.1). The most notable difference
with the CTRL is the large decrease in cross-equatorial integrated VIMT with reduc-
tions of 29 and 16 x 106kg s−1 in the western and central Indian Ocean. Also, there is
a very large decrease in moisture convergence in the Bay of Bengal of 33 units. This
reduction corresponds to a large reduction in precipitation (Figure 4.56). Over the
western Indian Ocean, anomalous VIMT is easterly along the 40◦E meridian (-7,-9,
and -11 x 106kg s−1). Southerly moisture flow across 12◦N increases (11 x 106kg s−1)
and westerly flow into India decreases (-18 x 106kg s−1). Westerly flow from the west-
ern Indian Ocean into south of Indian and eastern Indian Ocean also decreases (-45 x
106kg s−1). Meridional VIMT differences between 70◦E and 102◦E are negative across
the equator (-16 x 106kg s−1) and across 12◦N (-18 x 106kg s−1), implying that the
amount of moisture that is transported into these regions is reduced. Accordingly,
the moisture flux convergence is reduced relative to CTRL providing a total of -52 x
106kg s−1 difference into the Bay of Bengal and eastern Indian Ocean.
In Southeast Asia, largest differences in VIMT are observed across 102◦E (-24
x 106kg s−1) and 12◦N (-18 x 106kg s−1). The anomalous moisture flux pattern is
consistent with a reduction in moisture convergence near the Philippines (∼ 14 x
106kg s−1) relative to CTRL. Changes in moisture convergence in the Indonesian
region are small (∼1 x 106kg s−1).
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5.2 Summary
VIMT analysis is very useful in providing an integrated view of the impact of SST vari-
ations on circulation and the hydrological cycle and hence moisture availability over
major centers of convection (India, Bay of Bengal and Philippines) during the sum-
mer season. The SST distribution affects VIMT through an alteration of the low-level
flow. Largest differences in vertically integrated moisture flux, that are important for
the rainfall monsoon variability, are observed in the interhemispheric component and
in the zonal component across the northern Indian Ocean. Since meridional moisture
flux convergence is crucial in the maintenance of the south Asian monsoon (Murakami
et al. 1999), a stronger SLP gradient in the western Indian Ocean would be associated
with stronger meridional moisture fluxes and with a possible increment in moisture
convergence, which would lead to the production of precipitation. In the MODER-
ATE experiment, the SLP gradient is stronger than in CTRL and interhemispheric
VIMT flow is also stronger. However, for this case, the zonal flow across the northern
Indian Ocean is reduced and the transport of moisture from the western Indian Ocean
to the eastern Indian Ocean is also reduced, limiting convergence of moisture flux over
this region. In the COLD and BUMP experiments, a reduction in the SLP gradient
over the western Indian Ocean is accompanied by a reduction in the interhemispheric
VIMT flow, which impacts strongly the convergence of moisture flux over the Indian
peninsula. Finally, in the WARM experiment, the SLP gradient is similar to the
CTRL and differences in the interhemispheric VIMT flow are less dramatic than in
the other experiments. Moreover, zonal flow in the northern Indian Ocean is stronger
than in CTRL, and zonal VIMT flux increases. In this case, convergence of moisture
flux is favored over portions of the Bay of Bengal and Southeast Asia.
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Figure 5.1: Vectors represent mean VIMT from CTRL for the summer season in
units of km m−1s−1. Numbers and arrows indicate integrated VIMT across boundaries
in units of km s−1. Bold numbers in the center of the squares represent the net
convergence of the VIMT in an area.
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Figure 5.2: Integrated boundary VIMT differences between the COLD and CTRL.
Blue arrows indicate positive VIMT anomalies relative to the CTRL and red arrows
indicate negative VIMT anomalies relative to the CTRL. Large bold numbers for
boundary integrated VIMT indicate differences that are significant at a 95%. level.
Numbers in the center of the squares represent the differences in net convergence
relative to the CTRL case. Blue (red) shading indicates positive (negative) VIMT
net convergence over a region relative to the CTRL.
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Figure 5.3: Integrated boundary VIMT differences between the MODERATE and
CTRL. Blue arrows indicate positive VIMT anomalies relative to the CTRL and red
arrows indicate negative VIMT anomalies relative to the CTRL. Large bold numbers
for boundary integrated VIMT indicate differences that are significant at a 95%. level.
Numbers in the center of the squares represent the differences in net convergence
relative to the CTRL case. Blue (red) shading indicates positive (negative) VIMT
net convergence over a region relative to the CTRL.
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Figure 5.4: Integrated boundary VIMT differences between the WARM and CTRL.
Blue arrows indicate positive VIMT anomalies relative to the CTRL and red arrows
indicate negative VIMT anomalies relative to the CTRL. Large bold numbers for
boundary integrated VIMT indicate differences that are significant at a 95%. level.
Numbers in the center of the squares represent the differences in net convergence
relative to the CTRL case. Blue (red) shading indicates positive (negative) VIMT
net convergence over a region relative to the CTRL.
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Figure 5.5: Integrated boundary VIMT differences between the BUMP and CTRL.
Blue arrows indicate positive VIMT anomalies relative to the CTRL and red arrows
indicate negative VIMT anomalies relative to the CTRL. Large bold numbers for
boundary integrated VIMT indicate differences that are significant at a 95%. level.
Numbers in the center of the squares represent the differences in net convergence
relative to the CTRL case. Blue (red) shading indicates positive (negative) VIMT
net convergence over a region relative to the CTRL.
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CHAPTER VI
AFRICAN EASTERLY WAVES AND THE AFRICAN
MONSOON
In previous sections we have studied the interdecadal variability of the monsoon noting
the importance of the SST distribution on the monsoon’s evolving nature. Here we
look at the most rapid variability of a monsoon circulation associated with instability
waves. In the following paragraphs we explore the nature of the monsoon instabilities.
This study is a prelude to a systematic study of high frequency monsoon instabilities
in the different monsoon systems of the planet.
African easterly waves (AEWs) are an important component of the weather and
climate of North Africa, the African monsoon and the tropical Atlantic Ocean. Ob-
servations during the Global Atlantic Research Program (GARP) Atlantic Tropical
Experiment (GATE; Kuettner 1974) revealed westward propagating synoptic-scale
disturbances with mean periods of about 3.5 days, wavelengths of 2000 – 4000 km
and a phase speed of about 6 – 8 ms−1 (Carlson 1969b; Burpee 1972; Reed et al. 1977).
GATE was the first major experiment of GARP that took place in the summer of
1974 and whose goal was to understand the tropical atmosphere and its role in the
global circulation (Kuettner 1974). The experimental area of this project covered the
tropical Atlantic Ocean from Africa to South America.
Westward propagating waves with periods between 6 – 9 days have also been
detected with wavelengths of about 6000 km and a phase speed of about 6 ms−1
(e.g. Viltard et al. 1997; Diedhiou et al. 1998). These waves propagate across the
tropical North Atlantic and can reach as far as the Caribbean (Riehl 1954) and even
the West Pacific (Wallace 1970). AEWs are particularly important in the Atlantic
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Ocean as they are associated with the formation of tropical cyclones (e.g. Frank 1970,
Thorncroft and Hodges 2001). Frank (1970) showed that African waves account for
the genesis of about half of the tropical cyclones in the North Atlantic.
Carlson (1969a,b) was the first to perform a detailed synoptic analysis of African
easterly waves. Using radiosonde data collected between 20◦E and 20◦W, the study
pointed out that some waves formed within the data network, but most of them
propagated into the analysis region from further to the east. Later, Burpee (1972,
1974) used spectral and composite techniques to describe the basic structure of the
waves and investigate the physical causes that could lead to the formation of the
disturbances.
A more recent campaing, the international African Monsoon Multidisciplanary
analysis (AMMA), was staged during the summer of 2006 over northern Africa.
AMMA’s primoridal goal is to improve the knowledge of the West African Monsoon
and its variability with an emphasis on daily to interannual time scales (Redelsperger
et al. 2006). AMMA’s downstream extension, the NASA-AMMA program (NAMMA;
Zipser et al. 2009), was implemented over the eastern Atlantic in August- September
to examine the interaction between AEWs, the saharan air layer (SAL) and tropi-
cal cyclogenesis. A number of studies have described different dynamical aspects of
the AEWs observed during the NAMMA/AMMA period (e.g. Cifelli et al. 2010,
Zawislak et al. 2010, Ross et al. 2009)
In the following sections of this chapter, we describe the large-scale mean charac-
teristics of the African monsoon climate during the boreal summer and review relevant
studies concerned with the origin and dynamics of AEWs.
6.1 North African climate circulation
The main circulation features over Africa during the boreal summer are: the Tropical
Easterly jet (TEJ), the African Easterly jet (AEJ), the Intertropical Convergence
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Zone (ITCZ), the tropical rainbelt, and the Saharan thermal low. The TEJ lies in
the upper troposphere at about 100 - 200hPa and is located on the southern side of
the major Asian monsoonal heating. It is the southern flank of the upper-tropospheric
anticylone centered over Tibet. This jet reaches core speeds greater than 35 ms−1,
extends through 20◦ of latitude and extends longitudinally from South Asia across
equatorial Africa into the North Atlantic Ocean. The zone of surface convergence
or ITCZ is located between 18◦N and 20◦N and it marks the transition in the zonal
winds from the low-level easterly flow sweeping over the northwestern Sahara to the
westerly flow of the low level monsoon (Nicholson 2009). This low-level easterly flow,
known as the Harmattans, is confined between 20◦N and 30◦N (Figure 6.1b) and
carries Saharan dust westward into the Atlantic Ocean (e.g. Carlson 1979). The
Saharan low is an area of high temperatures and low surface pressures that migrates
with the sun. During the summer this low pressure area is located over the Sahara
and also lies between the Harmattans and the south-western monsoon flow. Strong
subsidence persists above the heat low. The rainbelt is a region of high amounts of
rainfall over West Africa, located south of the surface ITCZ. Figure 6.1a shows its
mean location at about 10◦N. This area of deep convection (OLR values less than
240 Wm−2) is bounded by the TEJ and the AEJ defined below. Finally, the AEJ lies
in the middle troposphere at about 700 - 600hPa. The jet core is located near 15◦N
and reaches maximum easterly velocities between 11 and 12 ms−1 (Cook 1999). This
jet is perhaps the most important feature for the development of summer rainfall
and westward propagating disturbances over northern Africa (e.g. Burpee 1972) as
we will explore subsequently. Figure 6.1b shows locations of the AEJ and the TEJ
from the ERA-40 reanalysis. The low-level westerly flow, between 10◦S and 10◦N,
and Harmattan flow at about 25◦N are also evident in this diagram. Interactions
between all the above features are essential in the development of wave disturbances
over Northern Africa.
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6.2 Origin and dynamics of the waves
6.2.1 Structure of the AEWs
A number of observational studies used the data from the GATE intensive obser-
vational program to study the general characteristics of the wave disturbances (e.g.
Burpee 1975; Reed et al. 1977; Norquist et al. 1977; Albignat and Reed 1980). In
general, the AEWs have their largest amplitude in the middle troposphere near the
jet level (see Figure 6.2). At this level the wave is characterized by a southwest-
northeast horizontal tilt south of the jet, consistent with barotropic growth (Figure
6.3). At the lower levels there are also two regions of development, one between 5◦ to
10◦N and the other further north at about 20◦N. The development center poleward of
the AEJ possesses greater amplitude than the one in the south and is characterized
by baroclinic energy conversion (Norquist et al. 1977). The two preferential tracks
observed north and south of the jet converge into one track off the West African coast
(Figure 6.4).
Burpee (1972, 1974) suggested that near the latitude of the AEJ the meridional
wind slopes eastward up to the jet level and westward above this level as shown in
Figure 6.5. North of the jet the meridional wind slopes toward the west with height
and south of the jet the meridional wind slopes toward the east. These vertical tilts are
opposite to the vertical shear of the zonal wind and are also consistent with baroclinic
energy conversions. Reed et al. (1977) found vertical tilts similar to Burpee’s near
the jet latitude. However, in the region south of the jet they found that the wave axis
was more vertical, suggesting that the baroclinicity is weaker in this region.
Several studies have considered the question of the origin of the waves, in terms of
the physical mechanisms involved and the geographical region of formation. Whereas
consensus generally exists about the mechanisms that explain the growth of AEWS,
consensus over where the AEWs initially form has not been reached.
Carlson (1969a) suggested that AEWs could be initiated east of 30◦E near the
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Ethiopian Highlands. However, Burpee (1972, 1974) found no evidence of wave ac-
tivity so far east. Albignat and Reed (1980), on the other hand, suggested that initial
weak perturbations may originate as far east as the southern tip of the Red Sea. As
pointed out by Albignat and Reed (1980), the lack of consensus could be attributed
to the use of different periods of record in the analyses. Another reason is the overall
scarcity of data in the candidate genesis regions.
Thorncroft and Hodges (2001) carried out an automatic tracking of vorticity cen-
ters in ECMWF analyses and found evidence of wave activity around 35◦E (western
side of the Ethiopian Highlands) near the jet level. In the lower troposphere they
found a peak in genesis density poleward of 15◦N, just downstream of the Hoggar
mountains (Figure 6.6). These results suggest that orographic processes could play
a role in the origin of AEWs. Numerical simulations of Mozer and Zehnder (1996)
showed that the flow of dry air past the topography of north-central Africa leads
to the production of disturbances that are consistent with observed African waves.
However, in general, relatively little attention has been given to the possible influ-
ence of orography on the development of AEWs and it is still not clear if orography
plays a role in the early stages of the waves. In the following chapters we explore the
association between orography and AEWs. In addition, Tomas and Webster (1997)
suggested that a cross-equatorial pressure gradient set up in different parts of the
planet by SST distributions was instrumental to the location of the ITCZ. Toma and
Webster (2010b,a) have suggested that instabilities of the ITCZ, so produced, provide
a source of Pacific easterly waves. Finally, Nicholson and Webster (2007) suggest that
a strong cross-equatorial pressure gradient in the West African region may also be of
importance in the generation of AEWs.
According to the studies referred to above, the main region of growth for the
AEWs at the jet level is located south of the AEJ latitude and west of 10◦E. At the
lower levels (850-hPa) the main region of growth is located north of the jet around
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10◦E. A region of growth is also observed right at the coast at both levels. AEWs
generally decay downstream of the West African coast.
6.2.2 Dynamics of AEWs
Numerous studies have been concerned with the causes and dynamics of AEWs.
Much of the theoretical work concerned with the generation of AEWs focuses on the
hydrodynamic stability of the zonal flow. Burpee (1972) was the first to suggest that
the AEJ satisfies the Charney and Stern (1962) instability criterion. This criterion
states that the instability of an internal jet requires a sign reversal of the meridional
isentropic potential vorticity gradient (IPV).
Burpee (1972) suggested that the unstable jet could support the growth of AEWs
through both barotropic and baroclinic energy conversions. He also evaluated the
relative contribution of the horizontal and vertical shear of the mean zonal wind in
creating the instability and found that both are important sources of perturbation
energy. The vertical shear, which is associated with transport of heat flux, was
measured to be the larger of the two.
Some studies used simple numerical models to obtain a better understanding of
the AEWs. Rennick (1976); Simmons (1977); Mass (1979) and Kwon (1989) carried
out linear instability analysis of the AEJ. All of these studies found westward propa-
gating disturbances dominated by barotropic energy conversions and with horizontal
wavelengths within the observed range (between 2000 and 4000 km). Rennick (1976)
also included a simple parameterization of latent heat release to consider the effect of
moist processes and found that moisture had no significant impact on the wave prop-
erties. Mass (1979) and Kwon (1989), on the other hand, found that the inclusion
of latent heating parameterizations improved the structure of the waves, resulting in
model fields closer to the observations.
Schubert et al. (1991) investigated the potential vorticity characteristics of the
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ITCZ using a simple zonally symmetric balanced model of the Hadley circulation. It
was found that a reversed meridional potential vorticity gradient can be generated in
the middle troposphere by concentrated convective heating alone.
Primitive equation modeling studies by Thorncroft and Hoskins (1994a,b) and
Thorncroft (1995) studied the linear and nonlinear behavior of the easterly waves
near an idealized AEJ. These studies suggested that the easterly wave is initially
dominated by barotropic conversion but later grows through mainly baroclinic energy
conversions. It was found that the inclusion of latent heating increases the baroclinic
conversion and improves the synoptic structure of the waves.
Hsieh and Cook (2005, 2007) analyzed simulated AEWs in a regional model and
found that the generation of AEWs is more closely associated with convective activity
that occurs south of the jet than with the strength of the jet. Their wave energetic
analysis show that baroclinic overturning is the dominant source for wave generation
and that significant barotropic conversion occurs when there is concentrated convec-
tion activity.
An observational analysis by Kiladis et al. (2006) and a modeling study by Hall
et al. (2006) pointed out the importance of the dynamical influence of convection in
the maintenance of AEWs. Their results show a slight phase lead of adiabatic forcing
ahead of vertical motion, suggesting that convection within the AEWs is initiated
by dynamical forcing, which induces vertical motion at the low levels. They also
argue that the barotropic-baroclinic instability alone cannot explain the initiation
and intermittence of AEWs, and a finite-amplitude initial perturbation is required.
Mekonnen et al. (2006) also studied the association of convection with AEWs and
suggested that the convection triggered on the western side of the mountains over
central and eastern Africa has a role in initiating AEWs (H and E in Figure. 6.6.).
Cifelli et al. (2010), used the data collected during the AMMA/NAMMA cam-
paing to examine the mesoscale convective sytems (MCSs) characteristics associated
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with an AEW over the continent, at the coast and over the ocean. The found that
the MCSs characteristis were different between regions. These differences are due
to a combination of life cycle effects and changes in relative phasing between the
propagating system and the position of low-level convergence and thermodynamic
instability associated with the wave. Zawislak and Zipser (2010) found that waves
of low amplitude with disorganized wind structure may have strong vorticity centers
and are associated with large persistent rainig areas. In contrast, waves that are of
high amplitude and have well-defined low-level circulations may contain less rainfall
(Zawislak and Zipser 2010).
6.2.3 Energetics of the waves
The energetics of AEWs has been studied by a number of authors (e.g. Burpee 1972,
Norquist et al. 1977, Reed et al. 1988). The analysis of energetics is a very useful
technique because it allows identifying the mechanisms responsible for the growth and
maintenance of the waves. Barotropic processes are related to the conversion of zonal
to eddy kinetic energy through the zonal and meridional wind shears. Baroclinic
processes are related to the conversion of eddy available potential energy to eddy
kinetic energy. We will discuss these energy conversions in greater detail in Chapter
9.
Norquist et al. (1977) carried out the first comprehensive study of the energetics of
easterly waves using the composite fields of the GATE data from Reed et al. (1977).
They found that baroclinic conversions are stronger than barotropic conversions over
land. Over the ocean the situation is reversed and barotropic processes are more
important than the baroclinic processes. Moreover, they suggested that barotropic
conversions reach maximum values at the jet level near the jet latitude and processes
related with baroclinic conversions appeared to be larger at the lower levels north
of the jet latitude. Analysis by Reed et al. (1988) and Pytharoulis and Thorncroft
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(1999) confirmed the structure of these patterns.
Diedhiou et al. (2002) estimated the energetics of 3 – 5 day and 6 – 9 day easterly
waves using the NCEP-NCAR reanalysis. They suggested that the 3 – 5 day waves
that form south of the AEJ are a consequence of barotropic instability of the jet and
that the waves that form north of jet grow through both baroclinic and barotropic
conversions. The 6 – 9 day easterly waves showed energy conversion patterns similar
to the 3 – 5 day regime. However, over the ocean, the 6 – 9 day regime depicts a
greater barotropic energy conversion.
In general, modeling studies with a prescribed basic state of the AEJ tend to
find that barotropic conversions are the main energy source of AEWs (e.g. Mass
1979, Thorncroft and Hoskins 1994a, b). On the other hand, models with prescribed
diabatic heating usually suggest that baroclinic processes dominate (e.g. Estoque
and Lin 1977). However, Hsieh and Cook (2007) analyzed the results of a regional
climate model and found that baroclinic overturning is the dominant energy source.
This baroclinic overturning is associated with upward motion of warm air that results
from latent heat release due to convection.
Recently, AEWs studies have concetrated on undertanding differences between de-
veloping and non developing AEWs. During the NAMMA campaing, two developing
waves experienced clear barotropic energy conversions in conjunction with positive di-
abatic heating (Ross et al. 2009). Non-developing waves, on the other hand, exhibited
negative barotropic energy conversions (Ross et al. 2009). Arnault and Roux (2009)
quantified the energetics of a developing AEW using a set of equations adapted from
Lorenz’s (1955). Their results showed that the growth or development of an AEW
results from barotropic and baroclinic energy conversions over West Africa. Addi-
tionally, they found that the growth of an AEW over the tropical eastern Atlantic is
mostly due to barotropic energy conversions.
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6.2.4 SST gradients and AEWs
Nicholson and Webster (2007) argued that the sea surface temperature (SST) gradi-
ent determines the presence or absence of a strong low level westerly equatorial jet
located just north of the Equator. Moreover, they suggested that the development of
the westerly jet, occurring when there is a strong background cross-equatorial pres-
sure gradient, displaces the AEJ northward into the Sahel. The tropical rainbelt also
migrates northward with the jet. This displacement produces wet conditions in the
Sahel and dry conditions along the Guinea coast to the south. This new paradigm
is founded on the inertial instability mechanism of Tomas and Webster (1997). This
mechanism explains the location of near-equatorial convection in regions of strong
cross-equatorial pressure gradient and states that this convection maximum is equa-
torward of the SST maximum and surface pressure minimum. Tomas and Webster
attribute this to a strong cross-equatorial flow that advects absolute vorticity across
the Equator leading to an inertially unstable state. As a result, a stabilizing sec-
ondary circulation, producing low-tropospheric cyclonic vorticity, is generated in a
conditionally-unstable atmosphere where absolute vorticity balances the shear of the
zonal wind (see also Tomas et al. 1999 and Toma and Webster 2010a). This mech-
anism explains the location of convection over West Africa and the generation of a
low level westerly wind maximum that is essential in the local dynamics.
Nicholson and Webster (2007) confirm that the various conditions for inertial in-
stability in the eastern Tropical Atlantic are satisfied in August during wet years but
not in dry years, suggesting that inertial instability plays a role in producing the wet-
ter conditions in the Sahel. They observed that the westerly wind maximum, which
results from the instability induced by the strong cross-equatorial pressure gradient,
accounts for the northward displacement of the AEJ and associated disturbances.
This result confirms that the location of the jet is linked to changes in the SST
distribution.
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Given that the AEJ is one of the sources of AEWs over Africa, changes in the SST
distribution are expected to impact the wave activity. Grist and Nicholson (2002) and
Grist (2002) investigated the link between rainfall variability and wave activity and
found that in years characterized by wet conditions over the Sahel, the AEWs tended
to be stronger near the AEJ level. These findings suggest that the SST distribution
over the Tropical Atlantic is linked to the structure of the AEWs. The SST is expected
to impact AEWs through changes in the structure of the AEJ and through changes
in the relation between convection and AEWs. This aspect of the dynamics of AEWs
has not received attention in previous works and will be explored in the following
chapters.
In this study we use a regional model to explore the role of orography and cross-
equatorial pressure gradients induced by SST in the genesis and maintenance of
AEWs. For this purpose, we conducted a control experiment and two idealized exper-
iments where topography and SST distributions are selectively added and removed.
Chapter 6 describes the model and the experimental design, and compares the re-
sults from the control simulation with observations. Chapter 7 discusses the changes
in AEWS variability associated with orography and SST gradient. Results from the
two experimental simulations are compared with the control simulation focusing on
differences in the structure of the jet and differences in the statistical features of the
AEWs. Chapter 8 describes the instability mechanisms associated with wave growth
and evaluates whether these mechanisms are present in the experimental simulations.
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Figure 6.1: a) Mean OLR distribution for JJAS over Africa. Units are Wm−2.
b) Latitude-height cross section of zonal wind from the ERA-40 reanalysis averaged
between 5◦E and 20◦E. Units are ms−1. The main circulation features over Africa are
indicated in these diagrams: ITCZ, rainbelt, TEJ, AEJ, Harmattans (HARM) and





Figure 6.2: Amplitude of meridional wind oscillation in the 2 – 5 day band at 700-
hPa based on the Phase III GATE dataset. Larger amplitudes are found south of





Figure 6.3: Composite streamlines and wind vectors at 700-hPa for the 3 – 5
day band based on the NCEP/NCAR dataset on the period 1979-1995. A south-
east/northwest tilt is evident north of the AEJ and a southwest/northeast tilt is




Figure 6.4: Variance of vorticity at 700-hPa in frequency bands corresponding to
periods of 2.9 – 4.0 days. Broken arrows represent disturbance tracks. Distinct storm
tracks can be seen emanating from the northerly and southerly regions of origin,




Figure 6.5: Composite diagram of meridional wind at Dakar (14◦44’N, 17◦30’W). In
the diagram category 3 and 7 correspond to the trough and ridges axes of the wave,
respectively. Meridional wind slopes eastward with height up to 600-650 hPa. Above




Figure 6.6: Topographic map of tropical Africa. Orographic features are designated





We utilize the Weather Research and Forecasting (WRF) regional model version 2.2
(Skamarock et al. 2005) to investigate the genesis, development and maintenance of
African Easterly Waves (AEWs) over tropical Africa. Given the nature of the prob-
lem and the scale of the phenomenon to be studied, the ICTP general circulation
model used in Part 1 is not appropriate. The WRF model is a fully compressible
and nonhydrostatic model. It has a terrain-following σ hydrostatic-pressure vertical
where σ = (ph − pht) /µ, and µ = phs − pht, ph is the hydrostatic component of the
pressure and phs and pht denote the values along the surface and top boundaries,
respectively. A complete description of the vertical coordinate system can be found
in Laprise (1992). The model uses an Arakawa C-grid staggering in the horizontal,
meaning that normal velocities are staggered one half-grid length from the thermo-
dynamic variables. The time integration scheme is the 3rd order Runge-Kutta, with
smaller time step for acoustic and gravity-wave modes (Wicker and Skamarock 2002).
Additionally, the model uses 2nd and 6th order advection schemes in both horizontal
and vertical directions.
The WRF model can be used to run both idealized simulations and real-data
simulations. For real-data cases, initial conditions are pre-processed through a sep-
arate package that interpolates data from large-scale analysis or forecast analysis to
the model grid and domain. For the lateral boundary conditions the model offers
several options. Real data cases can use combinations of periodic, symmetric, open
and time-dependent boundary conditions.
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The WRF offers choices of numerous physics options that can be classified into
the following categories: microphysics, cumulus parameterizations, surface physics,
planetary boundary layer physics and atmospheric radiation physics. A brief descrip-
tion of the model configuration and physics used in the present study is provided in
the following paragraph.
The WRF model for the control simulation was run over a domain extending from
65◦W to 65◦E and 40◦S to 40◦N, with a horizontal spatial resolution of 56 km. Figure
7.1 shows the model domain covering the African continent, the tropical eastern and
central Atlantic Ocean and the western Indian Ocean. In the vertical, the model has
28 levels, with pressure p(top) at 50-hPa. The microphysics scheme is the WRF-
Single-Moment 5, which allows supercooled water to exist, and a gradual melting of
snow as it falls (Hong et al. 2004). The long wave radiation scheme is the Rapid
Radiative Transfer Model (RRTM) based on Mlawer et al. (1997). The short wave
radiation scheme is a simple downward integration of the solar flux based on Dudhia
(1989). For the surface fluxes calculation the Monin-Obukhov scheme is used and
land surface processes are parameterized using a 5-layer thermal diffusion scheme.
The boundary layer scheme is the Yonsei University (YSU) scheme, which considers
an explicit treatment of the entrainment layer at the planetary boundary layer top
(Hong et al. 2006). For cumulus parameterization, the Betts-Miller-Janjic (Betts and
Miller 1993; Janjic 1994) scheme is adopted.
7.2 Observational data
The ECMWF ERA-40 reanalysis data set (Uppala et al. 2005) is used as initial and
lateral boundary conditions in all simulations. The horizontal resolution of the ERA-
40 is 1◦ by 1◦ with 18 levels in the vertical. Lateral boundary conditions are updated
every 6 hours at all levels. SST fields in the ERA-40 reanalysis are obtained from
externally produced analysis from the Met Office (HADISST1; Rayner et al. 2003) and
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NCEP (NOAA/NCEP 2D-Var dataset; Reynolds et al. 2002). The ERA-40 dataset
is also used to evaluate the ability of the model to simulate AEWs.
The Global Precipitation Climatology Project (GPCP; Arkin and Meisner 1987;
Adler et al. 2003) monthly rainfall dataset is used to evaluate the model performance.
This product is the result of a merged analysis that incorporates precipitation esti-
mates from surface rain gauge observations, satellite microwave data and satellite
infrared data. Rainfall estimates are available from 1979 to the present, at a 2.5◦ by
2.5◦ horizontal resolution.
7.3 Experimental design
A series of experiments were designed to explore the mechanisms that trigger the
formation and maintenance of AEWs. We are specifically interested in studying two
specific possibilities: 1) the role of the mechanical effect of the African orography in
the AEWs genesis whereby thermal and dynamic gradients are reversed invoking in-
stabilities, and 2) the role of the cross-equatorial pressure gradients induced by SST in
the genesis and maintenance of AEWs. For this reason we decided to conduct idealized
modeling experiments where topography and SST distributions are selectively added
and removed. Experiment 1 is the control case (CTRL) where full lateral boundary
conditions are used to feed the model and SST is updated every 6 hours from ERA-
40 reanalysis. With this experiment we expect to reproduce the main atmospheric
features observed during the boreal summer over Africa, such as the African Easterly
Jet (AEJ) and westward propagating disturbances. Mean states for several variables
obtained from the control case will be compared with mean states obtained from ob-
servations. Figure 7.1 displays the model domain and the terrain height field used for
this experiment. In Experiment 2, the orographic features are removed and replaced
by a uniform elevation of 40 m overall land areas. Lateral boundary conditions along
the southern, northern and western boundaries of the domain are the same as the
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Table 7.1: Description of lateral boundary conditions, SST and topography used for
each of the experiments





Experiment 1 ERA–40 Reanalysis ERA–40 Reanalysis Full topography
Updated every 6 h. Updated every 6 h.
Experiment 2 No flow along the eastern
boundary
ERA–40 Reanalysis Flat topography
Others ERA–40 Reanalysis, Updated every 6 h.
Updated every 6 h.
Experiment 3 ERA–40 Reanalysis Homogenized SST Full topography
Updated every 6 h.
ones used for the control case. However, at the eastern boundary, a no-flow condition
is imposed to avoid the extension of the low-level Asian monsoon flow into continen-
tal Africa due to the suppression of the Eastern African Mountains. For this reason,
we consider a smaller domain in the longitudinal dimension, with lateral boundaries
located at 60◦W and 40◦E. The latitudinal boundaries are identical to the control
case. SST is updated every 6 hours from the ERA-40 reanalysis. Figure 7.2 shows
the domain for this experiment. Finally, in Experiment 3 lateral boundary conditions
and orography features are kept the same as in the control experiment but the SST is
not updated from the ERA-40 reanalysis dataset. For this experiment, homogenized
SST fields are imposed with a Gaussian function for each time step and are used to
update the model every 6 hours. SST distribution was design in this way to ensure a
reduction in the cross equatorial pressure gradient (CEPG) over the Eastern Atlantic
Ocean. The model domain used in this simulation is shown in Figure 7.1. Table 7.1
provides a summary of the major differences between experiments.
The three experiments are initialized at 00Z on June 1st 2001 and are run through
September 30th 2001 for a total of 121 days. The first 30 days of the simulations are
discarded to allow for spin-up. All the simulations are run in “free mode”, without
updating the internal domain with observations. Except for the SST fields, the initial
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and lateral boundary conditions, all dynamic and thermodynamic fields are calculated
internally within the model.
Figure 7.3 shows a Hovmoller space-time diagram of unfiltered meridional wind
averaged between 5◦N and 15◦N at 600-hPa over the African continent for July, Au-
gust and September 2001 from the ERA-40 reanalysis. There is considerable activity
of westward propagating disturbances generated by the model. Some of the distur-
bances originate over eastern Africa between 30◦E and 40◦E. Other waves appear to
develop between 10◦E and 20◦E. Both sets of disturbances propagate westward across
the African continent and continue into the Atlantic Ocean, with average wavelength
of about 3000 km, phase speeds in the 5 – 7 ms−1 range and period between 2 – 5
days, values that are in the range of previously documented AEWs (e.g. Reed et al.
1977). The climate assessment report (Waple et al. 2002) states that during 2001 the
Sahel experienced a near-average rainy season. Additionally, an equatorward shift
of the AEJ south of 15◦N across the Sahel and a near- average tropical easterly jet
(TEJ) were evident. All these features make the year 2001 a suitable year for our
simulations.
7.3.1 Filtering technique
For much of our analysis we band-pass filter the data from the simulations to leave
out variability not associated with AEWs. For this purpose, we use the Fast Fourier
Transform to extract variability between 2 and 6 days. The 2 - 6 day band was chosen
to be consistent with previous studies (e.g. Reed et al. 1988; Albignat and Reed 1980;
Reed et al. 1977).
Additionally, the discrete wavelet transformation method (e.g. Torrence and Compo
1998) was used to calculate the scale averaged global power spectrum of meridional
wind for the three experiments. A Morlet wavelet function was used as the mother
function.
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7.4 Control simulation vs. observational data
First, we determine whether the WRF model with the configuration proposed for
the control case, hereafter CTRL, is able to reproduce the main atmospheric features
observed over Africa during the summer season. For this purpose, we compare the
CTRL simulated mean fields with observations from ERA-40. Figure 7.4 displays
the simulated surface wind field (wind at 10 m) from CTRL averaged from day 31
to 121 (July – August – September) and the ERA-40 surface wind field averaged
over the same period. The thick black line represent the 10 m zero absolute vorticity
isopleth. The model is able to reproduce the south easterly trade winds over the
Atlantic Ocean crossing the equator and then turning to the east over West Africa.
The general trajectory of the north easterly trades is also well represented. Moreover,
the model captures fairly well the low-level circulation over the western Indian Ocean
and along eastern Africa. The magnitude of the wind field is in general stronger in the
model compared to the observations, and this is possibly due to the higher resolution
of the WRF model (56 km) compared to ERA-40 (111 km).
Figure 7.5 shows the precipitation mean field from CTRL and from the GPCP
dataset for the July-September period. Observations display a rainfall maximum
located in a latitude band between 5◦N and 15◦N. Simulated rainfall distribution
displays the same behavior, except that it depicts higher amplitudes over the ocean
and in some regions over land. The location of the rainfall belt coincides with the
regions where OLR values are smaller than 240 Wm2 (see Figure 6.1a). The smoother
observed patterns could result from difference in resolution between the GPCP dataset
grid (2.5◦) and the model grid (∼0.5◦). Large values of precipitation along the eastern
and western boundaries are due to boundary effects (e.g. Toma and Webster 2010b).
Pressure-latitude cross sections of zonal wind over land and over ocean are plotted
in Figure 7.6. Over land, the average meridional section between 5◦E and 20◦E shows
that the model reproduces the main features of the general circulation observed over
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Africa during the boreal summer (Figure 7.6a and Figure. 7.6b). These features are:
• A mid tropospheric easterly jet (AEJ) at 650-hPa and 13◦N, with peak strength
of about 10 m s−1.
• An upper level tropical easterly flow (TEJ) at about 200-hPa and equatorward
of the AEJ.
• A low-level westerly flow confined in the lower levels, between 5◦S and 15◦N
• A low-level easterly flow north of the AEJ, known as the Harmattans
• A mid-latitude westerly jet to the north.
Although the model resembles the fundamental properties of the general circula-
tion over Africa, there is a notable difference in the representation of the low-level
westerly flow. The CTRL mean field shows a much deeper (up to 700-hPa) and
stronger (∼8 ms−1) westerly flow compared to the ERA-40 (∼4 ms−1). This could
explain the difference in the intensity of the AEJ in the CTRL simulation (∼10 ms−1)
relative to the ERA-40 (∼12 ms−1).
Over the ocean the model also resembles the main observed features (Figure 7.6c
and Figure 7.6d). The AEJ is still present at 650-hPa and 15◦N. The TEJ and the low
level westerly flow are also evident south of the AEJ. In summary, the model gives
a clearly defined AEJ, which is well separated from the upper level and low-level
easterlies.
Since one of our objectives is to study the role of the cross-equatorial pressure
gradient (CEPG) induced by SST in the genesis and maintenance of AEWs, it is
important to evaluate whether the model simulation displays a strong CEPG and the
associated circulation patterns that are predicted by the inertial instability theory
proposed in Tomas and Webster (1997); Tomas et al. (1999); Toma and Webster
(2010a). The mean meridional circulation over the ocean, between 30◦W and 20◦W,
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is plotted in Figure 7.7 for both the observations and the CTRL simulation. Figure
7.7 also shows the horizontal wind divergence and the zero absolute vorticity line. The
two diagrams depict a very similar pattern. Both sections display a deep meridional
circulation with southerly winds in the lower atmosphere (∼6-8 ms−1) and northerly
winds in the upper troposphere (∼8 ms−1). A weaker shallow meridional circulation
is also evident in both sections. However, the magnitude of the northerly flow is larger
in the model simulation (∼4 ms−1) than in the observations (∼1 ms−1). This result
is not surprising given that Zhang et al. (2008) reported that the shallow meridional
circulations is very weak in ERA-40 over West Africa similar to those found by Tomas
and Webster (1997); Toma and Webster (2010a). Moreover, the zero absolute vorticity
contour is located some degrees north from the equator and bisect the divergence-
convergence doublet in the lower atmosphere. Overall, the CTRL simulation depicts a
divergent and meridional circulation that is consistent with inertial instability theory.
Figure 7.8 shows the latitudinal distribution of SST and surface pressure for the
CTRL simulation averaged between 30◦W and 20◦W. An SST maximum is located
north of the Equator and it does not coincide with the latitude of minimum surface
pressure. A strong CEPG is also evident from this figure. According to Tomas and
Webster (1997), convection is expected equatorward of the surface pressure minima.
Finally, we investigate if the model is able to portray westward propagating dis-
turbances with wavelengths and phase speeds between the observed ranges for AEWs.
Time-longitude diagrams of unfiltered meridional wind at 15◦N for the CTRL sim-
ulation are shown in Figure 7.9 at 600-hPa and 850-hPa levels. The figure displays
westward propagating disturbances at both levels. The wavelength of these distur-
bances is about 2700 km, with a phase speed of 6 – 7 ms−1 and a period between 2 – 6
days. In the mid troposphere, the westward propagating disturbances appear to orig-
inate somewhere between 30◦E and 40◦E, reach peak amplitudes between 10◦W and
0◦ and decay over the ocean. In the lower troposphere, westward moving waves seem
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to originate somewhere between 20◦E and 40◦E, debilitate between 10◦E and 10◦W
and intensify near the African coast. Power spectra of 850 and 600-hPa meridional
wind component along 15◦N (Figure 7.10) for different longitudinal sections show,
in fact, that the waves have a distinctive period of 2 – 6 days. Over East Africa,
variance in the 2 – 6 day band is stronger at the jet level. Over West Africa, peaks in
this band are stronger near the surface level. Along 30◦E, there is also considerable
variability associated with periods longer than 6 days.
In summary, the model simulation portrays the mean climatological features ob-
served during the boreal summer over Africa, providing a reasonable representation
of the AEJ structure and the AEWs. Moreover, the model resembles a meridional
circulation that is consistent with the existence of a strong cross equatorial pressure
gradient over the Eastern Atlantic. Based on the comparison between the CTRL
simulation and the ERA-40 data, there is confidence that the WRF model is a valu-
able tool to investigate the role of orography and SST gradients in the genesis and
maintenance of AEWs.
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Figure 7.1: Physical domain and terrain height used in the control (CTRL) and
Experiment 3 numerical simulations. Contour interval is 250 m.
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Figure 7.2: Physical domain and terrain height used in Experiment 2 (NO ORO).
Contour interval is 500 m.
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Figure 7.3: Space - time diagram of unfiltered meridional wind averaged between
5◦N and 15◦N, at 600-hPa for July, August, and September 2001 from ERA-40 re-
analysis. Units are m s−1.
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a) Surface wind eld (WRF)
b) Surface wind eld - ERA-40
Figure 7.4: Mean distribution of the 10 m horizontal wind field from a) CTRL
simulation (WRF). b) ERA-40 dataset. Units are m s−1 .The thick black line represent
the mean absolute vorticity n=0 line at 10 m.
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a) Precipitation - WRF
b) Precipitation - GPCP 
Figure 7.5: Mean distribution of precipitation rate for July- September 2001 from
a) Control simulation (WRF) b) GPCP dataset. Units are mm day−1.
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Figure 7.6: Meridional cross section of zonal wind from a) CTRL simulation (WRF),
averaged between 5◦E-20◦E. b) As in a) but from ERA-40 dataset. c) CTRL simula-
tion (WRF) averaged between 30◦W and 20◦W. d) As in c) but from ERA-40 dataset.
Units are m s−1. The thick black line represent the mean absolute vorticity n=0 line.
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a) Meridional wind - CTRL (WRF)
b) Meridional wind - ERA-40
Figure 7.7: Pressure-latitude cross section of meridional wind averaged between
30◦W-20◦W from a) CTRL simulation (WRF); b) ERA-40 dataset. Units are m
s−1. Black contours represent the horizontal wind divergence (contour interval is
3*10−1s−1). The thick red line represents the mean absolute vorticity n=0 line.
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Figure 7.8: Distribution of sea surface temperature (SST) and sea level pressure
(SLP) for the 30◦W-20◦W longitudinal band from CTRL simulation. Units of tem-
perature are ◦C. Units of pressure are hPa.
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a) Meridional wind at 600-hPa  15N b) Meridional wind at 850-hPa  15N
Figure 7.9: Time-longitude diagram of meridional wind from CTRL simulation at
15◦N and a) 600-hPa; b) 850-hPa. Units are m s−1.
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Figure 7.10: Global wavelet power spectra of meridional wind at longitudes 30◦E,
20◦E, 10◦W, and 30◦W at a) 600-hPa; b)850-hPa. Units are m2s−2.
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CHAPTER VIII
CHANGES IN AFRICAN EASTERLY WAVE
VARIABILITY ASSOCIATED WITH OROGRAPHY AND
SST GRADIENTS
To investigate the role of orography and cross-equatorial SST gradients in African
easterly wave genesis and maintenance, we carried out Experiment 2 and Experiment
3 (refer to Table 7.1). Here, we compare results obtained from these two experimental
simulations with CTRL, focusing on: 1) differences in the structure of the AEJ,
2) structure and statistical features of westward propagating disturbances and 3)
differences in surface temperature distribution.
8.1 Role of orography in African easterly wave structure
Figure 8.1 shows meridional cross-sections of zonal wind over land and over the ocean
from Experiment 2 (hereafter NO ORO) and from CTRL. Over land, Figures 8.1a
and 8.1b indicate that the AEJ is much weaker in NO ORO than in CTRL. An
easterly flow, with an intensity on the order of 6 ms−1, is evident at 650-hPa and
near 13◦N in Figure 8.1a but it does not have the same well defined core as in CTRL.
The TEJ near 200-hPa and the Harmattans also appear to be weaker in NO ORO
than in CTRL. Over the ocean, Figure 8.1c shows no AEJ in the middle troposphere
and a much deeper Harmattan flow. The monsoon flow is also reduced in strength
compared to the CTRL (Figure 8.1d).
Figure 8.2 shows the mean zonal wind from NO ORO and CTRL at 650-hPa
and indicates distinct differences in the AEJ. Maximum easterly winds in NO ORO
are 8 m s−1, while in CTRL they are near 12 ms−1. This maximum, which takes
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place on the West African coast, is located 3◦ south of the jet core in CTRL. Over
West Africa the AEJ reach maximum easterly velocities between 6 and 7 ms−1 in
the NO ORO case, somewhat weaker than the 10 ms−1 in the CTRL case. These
results confirm that orography is an important player in determining the structure
of the AEJ, agreeing with previous findings by Wu et al. (2009). The structure and
strength of the AEJ is a key factor in this study, because it has been hypothesized
that genesis of AEWs is directly related to the jet (e.g. Burpee 1972).
The mean surface temperature from NO ORO and CTRL is plotted in Figure
8.3. This figure reveals that the removal of orography also impacts the distribution of
surface temperature. The region of highest temperatures covers a narrower latitudinal
band in the NO ORO case (∼10◦) than in the CTRL case (∼20◦) and temperatures
over Central/East Africa reach higher values than normal south of 10◦N. Thus, the
distribution of meridional surface temperature gradients is expected to be different
in the NO ORO case, which translates in a modified structure of the AEJ.
The time-longitude evolution of unfiltered meridional wind at 600-hPa and 15◦N
(near the jet level and jet latitude) from NO ORO and CTRL is plotted in Figure 8.4.
The first aspect to note is the existence of westward propagating structures across
Africa in NO ORO, but with some differences in structure and strength compared to
the CTRL case. In the NO ORO case (Figure 8.4a), westward propagating distur-
bances appear to originate further west compared to CTRL, somewhere between 0◦
and 20◦E. In general, the amplitude of the waves seems to be weaker in NO ORO
than in CTRL and they do not appear to intensify between 0◦ and 10◦W.
Spectral analysis is a very useful technique for obtaining information on the main
statistical properties of the westward propagating disturbances. In this study, we are
going to use this type of analysis to determine the period of the waves observed in the
time-longitude diagrams and to extract the imprint of AEWs on different atmospheric
variables. Figure 8.5 shows the power spectra of the meridional wind component along
187
15◦N, at 650 and 850-hPa for three different longitudinal sections from NO ORO (in
red) and CTRL (in black). Over East Africa (∼30◦E), a large reduction in the 2 –
6 day variance is observed at 850-hPa. At the jet level the power spectrum from the
CTRL shows a peak in the 6 – 10 day band. The power spectrum from NO ORO
displays a shift in the frequencies, showing a decrease in power in the 6 – 10 day band
and a slight increase in the 3 – 6 day band. Along 20◦E the reduction in the 2 – 6
day variance is not as dramatic as the reduction observed along 30◦E. West of the
prime meridian, a reduction in the 2– 6 day variance is evident at 850-hPa. At the
jet level, variance in the 2 – 6 day band appears to recover over West Africa. These
preliminary results suggest that the removal of orography affects the variability of
AEWs over East Africa, mainly at the lower levels.
Previous studies (e.g. Burpee 1974; Reed et al. 1988; Pytharoulis and Thorncroft
1999; Thorncroft and Hodges 2001) have shown that AEWs propagate in two tracks
over land. One is centered at roughly 20◦N at the lower levels. The second locus
is located equatorward of 15◦N and is more active at the AEJ level. To investigate
the influence of orography in African wave genesis and continued maintenance, the
longitudinal evolution of the meridional wind variance in the 2 – 6 day band is dis-
played for the CTRL and for the NO ORO cases in Figure 8.6 at different latitudes
and levels. At the lower level (850-hPa), a reduction in variance is again evident over
East Africa and over West Africa near the jet latitude. North of the jet, at about
20◦N, decreased variance is also observed over West Africa. South of the jet (∼10◦N),
the evolution of variance in the 2 – 6 day band from NO ORO is similar to that in
CTRL over land. However, differences are observed over the eastern Atlantic Ocean.
At the jet level (650-hPa), a reduction in variance in the 2 – 6 day band is not as
evident as in the lower level near the jet latitude (at 15◦N), however, south of the jet
(at 10◦N) a decrease in variance associated with AEWs is apparent between 10◦W
and 20◦E. These diagrams indicate that the region with larger values of power in the
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2 – 6 day band is located over West Africa between 10◦W and 0◦. Large values are
also observed at the coast.
Figure 8.7 shows the spatial distribution of meridional wind variance in the 2 –
6 day band from CTRL and NO ORO at 650 and 850-hPa. This diagram further
confirms a decrease in variability associated with AEWs over East Africa and West
Africa at the lower level. One prominent feature of the distribution of variance at
850-hPa is the area of large variance located at the coast (15◦W, 12◦N). Some possible
causes that may explain the concentration of variability in this area will be explored
in the next chapter. The spatial distribution of variance at the jet level is also
consistent with the patterns described in Figure 8.6. There is a clear decrease in
variability associated with AEWs west of 20◦E, along the southern flank of the jet.
Reduced variance is also evident north of 20◦N over East Africa and West Africa.
An increase in variance also occurs at the coast in a region located around 12◦N and
15◦W, which coincides with the region of maximum variance at the lower level.
8.2 Role of SST gradients in African easterly wave struc-
ture
Figure 8.8 shows the mean surface temperature distribution from Experiment 3, here-
after NO CEPG (referring to the reduction of the cross-equatorial pressure gradient
(CEPG) by the SST distribution), and CTRL. The SST distribution in the NO CEPG
case is homogeneous in the zonal direction and has a Gaussian shape with a maximum
amplitude located along the equator. The distribution of surface temperature over
land is the same as in the CTRL case. The shape of SST in NO CEPG ensures a
reduction in the CEPG over the ocean. Figure 8.8c displays the latitudinal variation
of SST and surface pressure from NO CEPG, averaged between 30◦W and 20◦W. As
mentioned previously, the SST maximum is located at the Equator and coincides with
the sea level pressure minimum. Moreover, the CEPG observed in Figure 7.8 for the
CTRL case disappears.
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Figure 8.9 compares the meridional cross section of zonal wind over land and over
the ocean from the CTRL and the NO CEPG cases. Over land, the NO CEPG zonal
winds display similar features to those of the CTRL: a westerly flow in the lower levels,
an easterly jet in the mid-levels and a tropical easterly jet in the upper levels. The
AEJ core is located approximately at 650-hPa and 11◦N and its maximum intensity
is stronger in CTRL (∼10 ms−1) than in the NO CEPG case (∼8 ms−1). Over the
ocean, Figure 8.9c shows an AEJ with a core located around 650-hPa and 12◦N. Its
maximum intensity is also stronger in CTRL (∼12 ms−1) than in the NO CEPG
(∼10 ms−1) case. Another prominent feature of Figure 8.9c is the weakening of the
low level westerly flow. According to Tomas and Webster (1997), and Nicholson and
Webster (2007), a decline in the westerly flow is consistent with a reduction in the
CEPG and with a southward displacement of the zero absolute-vorticity contour.
The mean zonal wind from the NO CEPG and the CTRL simulation is plotted
in Figure 8.10 at 650-hPa. The NO CEPG case depicts a well defined jet, confined
between 7◦N and 17◦N. The jet maximum at the coast is located about 3◦ further
south than the maximum in CTRL. The general shape and intensity of the jet is
similar in both cases, however, its mean latitudinal location appears displaced to the
south (about 3◦) in the NO CEPG case. This shift in location is consistent with a
reduction in the cross-equatorial pressure gradient. Results described above confirm
the notion that the structure of the AEJ is linked to changes in the SST gradient
(Nicholson and Webster 2007).
Figure 8.11 displays the time-longitude evolution of unfiltered meridional wind
at 600-hPa and 15◦N (near the jet level and jet latitude) for NO CEPG and CTRL.
Westward propagating disturbances are evident in both cases. A comparison of these
two diagrams does not show apparent differences between them. However, it we take
the difference, a reduction in the amplitude of the waves is observed between 10◦E
and 10◦W (see Figure 8.14).
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Figure 8.12 shows the power spectra of the meridional wind along 15◦N, at 650 and
850-hPa for four different longitudinal sections from NO CEPG (in red) and CTRL
(in black). At 30◦E and 650-hPa the most prominent peak for the CTRL is at 8 days.
Variance associated with this peak is reduced in NO CEPG. At 30◦E and 850-hPa,
there is again a reduction in variance in the 2 – 8 day band, when compared to the
CTRL. Along 20◦E, a decrease in variability associated with AEWs is more evident
at the jet level. West of the prime meridian, an examination of the power spectra
at 10◦W shows that there is a reduction in variance associated with AEWs, with the
reduction being larger at the lower level. Over the ocean, a decline in variance in the
2 – 6 day band is again evident at 850-hPa. These results suggest that the removal of
the CEPG affects the overall variability of AEWs. Larger changes are observed over
West Africa and at the lower levels.
Figure 8.13 displays the longitudinal evolution of the meridional wind variance in
the 2 – 6 day band for the CTRL and for the NO CEPG at different latitudes and
levels. At 850-hPa, the evolution of the 15◦N variance shows a reduction in variability
associated with AEWs in NO CEPG over East Africa, around 30◦E, and over West
Africa, between 0◦ and 15◦W. Some reduction is also observed over the ocean. Closer
to the jet latitude for the NO CEPG case (10◦N), variance in the 2 – 6 day band
decreases compared to the CTRL from 10◦E to 20◦W. North of the jet, the evolution
of the 2 – 6 day variance in NO CEPG is somewhat similar to the evolution observed
in CTRL. At 650-hPa, there is a reduction in variance in the 2 – 6 day band at
15◦N, mainly west of the prime meridian. At 10◦N, a decrease in variance associated
with AEWs is clear in NO CEPG west of 10◦E; however, a reduction near the coast
(∼15◦W) is not as evident as in the lower level. Variability in the 2 – 6 day band is
also modified over the ocean.
Figure 8.14 provides a more general picture of the distribution of the 2 – 6 day
band variability over Africa in NO CEPG and CTRL. At the lower level, a comparison
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of the two fields confirms a reduction in the variability associated with AEWs over
West Africa and south of 20◦N when the oceanic cross-equatorial pressure gradient
is removed. The most noticeable difference between these two diagrams is the large
reduction of variance that occurs at the coast, around 12◦N and 15◦W, and also over
East Africa. At the jet level, the reduction in variance is more visible south of the jet
in an area located west of 10◦E.
In summary, the SST distribution also impacts the AEW variability and the struc-
ture of the AEJ. Results indicate that larger differences are expected over West Africa
and at the lower levels. In the next chapter we explore some mechanisms that may
explain the observed reduction in the AEWs.
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a) U 5E - 20E  NO_ORO (EXP2) b) U 5E - 20E  CTRL (EXP1)
c) U 30W - 20W  NO_ORO (EXP2) d) U 30W - 20W  CTRL (EXP1)
0 1 2 4 6 8 10-12 -1 -2 -4 -6-8-10
Figure 8.1: a) Meridional cross section of zonal wind from NO ORO simulation
averaged between 5◦E-20◦E. b) As in a) but from CTRL simulation. c) Meridional
cross section of zonal wind from NO ORO simulation averaged between 30◦W and
20◦W. d) As in d) but from CTRL simulation. Units are m s−1. The thick black line
represent the mean absolute vorticity n=0 line.
193
a) U 650-hPa  NO_ORO (EXP2)
b) U 650-hPa  CTRL 
Figure 8.2: Mean zonal wind at 650-hPa from a) NO ORO simulation; b) CTRL
simulation. Units are m s−1.
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b) Surface Temp  CTRL 
a) Surface Temp  NO_ORO (EXP2)
Figure 8.3: Mean surface temperature distribution from a) NO ORO case; b)CTRL
case. Units are ◦C.
195
a) V at 600-hPa  15N  - NO_ORO b) V at 600-hPa  15N  - CTRL
Figure 8.4: Time–longitude diagram of meridional wind at 15◦N and 600-hPa from
a) NO ORO case; b) CTRL case. Units are m s−1.
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650 hPaa) b) 850 hPa
Figure 8.5: Global wavelet power spectra of meridional wind at longitudes 30◦E,
20◦E and 10◦W at a) 650-hPa; b) 850-hPa. Units are m2s−2.
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a)  850-hPa - 15N  NO_ORO (EXP2)
b) 850-hPa - 20N NO_ORO (EXP2)
c) 850-hPa  10N NO_ORO (EXP2)
Figure 8.6: Longitudinal evolution of the meridional wind variance in the 2 – 6 day
band at a) 15◦N, 850-hPa. b) 20◦N, 850-hPa. c) 10◦N, 850-hPa. d) 15◦N, 650-hPa
and e) 10◦N, 650-Pa. The blue line corresponds to the NO ORO case. The green line
indicates the CTRL case. Units are m2s−2.
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d)  650-hPa - 15N  NO_ORO (EXP2)
e) 650-hPa - 10N NO_ORO (EXP2)
Figure 8.6 (continued)
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a) Variance V 2-6 d  650hPa  NO_ORO (EXP2)
c) Variance V 2-6 d  850hPa  NO_ORO (EXP2)
b) Variance V 2-6 d  650hPa  CTRL 
d) Variance V 2-6 d  850hPa  CTRL
0 2 4 6 8 10 12
Figure 8.7: Spatial distribution of meridional wind variance in the 2 – 6 day band
from a) NO ORO at 650-hPa. b) CTRL at 650-hPa. c) NO ORO at 850-hPa d)
CTRL at 850-hPa. Units are m2s−2.
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b) Surface Temp  CTRL 
a) Surface Temp  NO_CEPG (EXP3)
Figure 8.8: a) Mean surface temperature distribution from NO CEPG. b) Mean
surface temperature distribution from CTRL. Units are ◦C. c) Distribution of sea
surface temperature (SST) and sea level pressure (SLP) for the 30◦W-20◦W longi-
tudinal band from NO CEPG simulation. Units of temperature are ◦C. Units of
pressure are hPa.
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c) SST and SLP (30W - 20W) 
Figure 8.8 (continued)
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b) U 5E - 20E  CTRL (EXP1)
d) U 30W - 20W  CTRL (EXP1)
a) U 5E - 20E  NO_CEPG (EXP3)
c) U 30W - 20W  NO_CEPG (EXP3)
0 1 2 4 6 8 10-12 -1 -2 -4 -6-8-10
Figure 8.9: a) Meridional cross section of zonal wind from NO CEPG simulation
averaged between 5◦E-20◦E. b) As in a) but from CTRL simulation. c) Meridional
cross section of zonal wind from NO CEPG simulation averaged between 30◦W and
20◦W. d) As in c) but from CTRL simulation. Units are m s−1. The thick black line
represent the mean absolute vorticity n=0 line.
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b) U 650-hPa  CTRL 
a) U 650-hPa  NO_CEPG  (EXP3)
Figure 8.10: Mean zonal wind at 650-hPa from a) NO CEPG simulation; b) CTRL
simulation. Units are m s−1.
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b) V at 600-hPa  15N  - CTRLa) V at 600-hPa  15N  - NO_CEPG
Figure 8.11: Time–longitude diagram of meridional wind at 15◦N and 600-hPa from
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Figure 8.12: Global wavelet power spectra of meridional wind at longitudes 30◦E,
20◦E, 10◦W from NO CEPG at a) 650 hPa. b) 850 hPa. Units are m2s−2.
206













































a)  850-hPa - 15N  NO_CEPG (EXP3)
b) 850-hPa - 10N NO_CEPG (EXP3)
c) 850-hPa  20N NO_CEPG (EXP3)
Figure 8.13: Longitudinal evolution of the meridional wind variance in the 2 – 6 day
band at a) 15◦N, 850-hPa. b) 20◦N, 850-hPa. c) 10◦N, 850-hPa. d) 15◦N, 650-hPa
and e) 10◦N, 650-Pa. f) 20◦N, 650-Pa. The blue line corresponds to the NO CEPG
case. The green line represents the CTRL case. Units are m2s−2.
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d)  650-hPa - 15N  NO_CEPG (EXP3)
e) 650-hPa - 10N NO_CEPG (EXP3)














f ) 650-hPa - 20N NO_CEPG (EXP3)
Figure 8.13 (continued)
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b) Variance V 2-6 d  650hPa  CTRL 
d) Variance V 2-6 d  850hPa  CTRL














a) Variance V 2-6 d  650hPa  NO_CEPG (EXP3)
c) Variance V 2-6 d  850hPa  NO_CEPG (EXP3)
0 2 4 6 8 10 12
Figure 8.14: Spatial distribution of meridional wind variance in the 2 – 6 day band
from a) NO CEPG at 650-hPa. b) CTRL at 650-hPa. c) NO CEPG at 850-hPa d)
CTRL at 850-hPa. Units are m2s−2.
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CHAPTER IX
AFRICAN EASTERLY WAVES GENESIS AND
MAINTENANCE: ROLE OF OROGRAPHY AND
CROSS-EQUATORIAL SST GRADIENTS
A number of studies have suggested that AEWs grow from an instability of the
midtropospheric AEJ (e.g. Burpee 1972; Rennick 1976; Simmons 1977; Thorncroft
and Hoskins 1994a,b) associated with the reversed temperature gradient induced by
the East African orography. Burpee (1972) was the first to demonstrate that the AEJ
satisfies the Charney and Stern (1962) instability criterion, and suggested that the
jet could support waves evolving through both barotropic and baroclinic processes.
The Charney-Stern instability criterion states that for a flow to be unstable either
1) the quasi-geostrophic potential vorticity (PV ) gradient must change sign along an
isentropic surface, or 2) the quasi-geostrophic PV gradient must have the opposite
sign to that of the surface temperature gradient. Additionally, for instability to be
present, the Fjortoft condition requires that the mean zonal wind must be positively
correlated with the quasi-geostrophic PV gradients and surface temperature gradi-
ents. According to Thorncroft and Hoskins (1994a), in the vicinity of the AEJ two
possible strongest interactions of PV gradients exist. These are the interactions be-
tween the negative PV gradients in the jet core with 1) positive PV gradients on the
equatorward flank of the jet and 2) the positive temperature gradients at the surface.
The former is expected to be associated with barotropically unstable growth, and the
latter to baroclinically unstable growth.
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9.1 Mean PV and θ structure over Africa
Computations of potential vorticity were made for the monthly mean cross sections.
As given in Hoskins et al. (1985),
PV = −g · [f · k +∇p × V ] · ∇pθ
where PV is the potential vorticity on an isobaric surface, g is the acceleration due to
gravity, ∇p is the 3D gradient operator, V is the horizontal velocity vector, f is the
Coriolis parameter, k is the vertical unit vector and θ is the potential temperature.
Figure 9.1 shows the mean CTRL meridional cross section of potential temper-
ature, PV and zonal wind at 5◦E for August. Maximum PV is at 9◦N near the
315-K isentrope on the southern side of the AEJ, which is located near the 314-K
isentrope between 10◦ and 15◦N. An evaluation of PV gradients along isentropic sur-
faces, for example the 315-K surface, shows that they are characterized by negative
values in the jet core and positive values south and north of the jet latitude. Thus, the
Charney- Stern instability criterion 1) is satisfied. The region of negative meridional
PV gradient in the midtroposphere goes from 10◦ to 15◦N. In this region, Fjortoft
necessary condition is also satisfied since the zonal flow is easterly. Figure 9.2 displays
the mean horizontal distribution of potential temperature at 950-hPa for the July –
September period. A positive meridional potential temperature gradient is evident
at the surface, which together with the negative PV gradient associated with the jet,
satisfies the Charney-Stern instability criterion 2).
As discussed in Schubert et al. (1991), the PV structure associated with the AEJ
and the meridional PV gradients are important in determining the nature of the
mixed barotropic-baroclinic instability that generates AEWs. To illustrate the mean
distribution of PV and PV gradients further, we interpolated values of PV to the
315-K surface (Figure 9.3). This surface was chosen because it transects the AEJ.
The jet-level PV gradients described in Figure 9.1 are clearly seen in this diagram.
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Negative PV gradients occur in a region between 9◦N and 16◦N. South of 9◦N, positive
PV gradients extend from Eastern African to the Atlantic Ocean. Pytharoulis and
Thorncroft (1999) pointed out that AEWs that form and propagate south of the jet
would be expected to follow these positive gradients.
Next, we attempt to determine if instability mechanisms associated with wave
growth are still present when orography is removed or when the CEPG is reduced.
The PV cross-sections from the NO ORO and the NO CEPG cases are shown in
Figure 9.4. For the NO ORO case (Figure 9.4a), the PV maximum near 13◦N is
comparable in magnitude to that in the CTRL case, but it is located about 5◦ of
latitude farther north and closer to the surface near the 310-K isentrope (∼700-hPa).
Even though there is not a well defined jet in the NO ORO simulation, reversals of
meridional PV gradients are still evident in the middle troposphere. However, since
the strength of the AEJ is weaker than in CTRL, a reduction in zonal mean kinetic
and available potential energy is expected. Moreover, the area with negative PV
gradients in the middle troposphere is reduced compared to that in the CTRL case,
covering a region between 13◦N and 15◦N. For the NO CEPG case (Figure 9.4b), the
magnitude of the PV maxima at 9◦N near the 315-K isentrope is smaller than in
the CTRL case. PV gradient reversals are evident on the poleward side of the jet,
in a region between 10◦ and 15◦N. As in the CTRL case, PV gradients are positive
south of the jet. In summary, the Charney-Stern and Fjortoft necessary conditions
are satisfied in both cases.
Figure 9.5 shows the mean PV on the 315-K surface for the NO ORO and
NO CEPG cases, and mean PV on the 310-K from NO ORO. For the NO ORO
case, PV values on the 315-K surface increase from the Equator to about 13◦N,
where PV reaches a maximum of 0.2 PV units (PVU). Poleward of 13◦N the PV
values decrease, reaching a minimum at about 15◦N. The distribution of PV values
on the 310-K surface for the NO ORO case shows an increase in PV values from the
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Equator to about 12◦N. Poleward of 12◦N, PV values start to decrease, reaching a
minimum at about 16◦N. For the NO CEPG case PV values on the 315-K surface
reach maximum values between 0.2 and 0.3 PVU at about 9◦N. PV values reach a
minimum near 16◦N.
Two aspects of the negative PV gradients are expected to have dynamical im-
portance: its magnitude, which should relate to the growth rate of a disturbance
(Molinari et al. 1997), and the extension of the area of negative PV gradients. To
illustrate PV gradients differences between the simulations more clearly, Figure 9.6
isolates the regions where mean PV gradients are less than zero on the 315-K surface
for all three cases. A substantial difference is observed between the NO ORO and the
CTRL in the vicinity of the AEJ. The area of negative PV gradients is noticeably re-
duced in the NO ORO case, covering a region between 13◦N and 15◦N. Moreover, the
magnitude of the reversals is smaller than in the CTRL case. On the 310-K surface
(not shown), the region of negative PV gradients covers an area between 12◦N and
16◦N and the magnitude of the reversals is comparable to that on the 315-K surface.
The distribution of PV and PV gradients for the NO ORO case suggests that wave
activity associated to PV reversals is reduced. For the NO CEPG case, the distri-
bution of negative PV gradients over land is comparable to that on the CTRL case.
But, over the ocean, negative PV gradients seem to disappear, which could lead to a
weakening of the waves when they move from Africa into the Eastern Atlantic.
As mentioned above, another possible interaction which could result in unstable
growth occurs between the negative meridional PV gradients near the jet level and
the meridional surface potential temperature gradients. This type of interaction is
expected to be related with baroclinically unstable growth. In the CTRL case (Figure
9.2) strong potential temperature (θ ) gradients exist over land. θ gradients do not
extend into the Atlantic Ocean but follow the West African coast toward the north.
An examination of Figure 9.2 and Figure 9.1 shows that high surface temperatures
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and a deep well mixed layer between 17◦N and 30◦N, lead to a small dry static stability
in the region north of he jet. As noted by Thorncroft (1995), the low static stability
in the desert region increases the interaction between PV anomalies on the jet and
the temperature anomalies at the ground. In the NO ORO case (Figure 9.7a), surface
θ decreases north of the jet, depicting a maximum value of 306-K over a large region
north of 14◦N. This pattern indicates that θ gradients are very small north of 14◦N
impacting the interaction between negative PV gradients in the middle troposphere
and positive θ gradients at the surface in the regions north of the jet. In addition, θ
gradients decrease over land south of 14◦N and they reach maximum values right at
the coast. For the NO CEPG case (Figure 9.7b), the distribution of θ is comparable
to that in the CTRL case, showing strong meridional surface θ gradients over land.
Similarly, large θ gradients are found near the coast around 18◦N.
9.2 Wave energetics inferred from filtered covariances
AEWs can be considered to be eddies or disturbances propagating on a zonal flow.
These disturbances grow through instabilities of the mean flow, implying the devel-
opment of energy transformations between the mean and transients. A better under-
standing of the growth and maintenance of the waves can be obtained by analyzing
the energetics of the system since any instability must have certain energy sources
for it to grow. In this section, we carry out a comparative analysis of the energetics
of AEWs obtained from the three experiments to asses how energy conversions are
controlled or modified by orography and SST gradients.
Lorenz (1955) derived the equations for investigating the growth of wave energy,
partitioning the potential and kinetic energy equations into zonal and eddy forms.
The form and notation of the energy equations used in the present work are taken
from Norquist et al. (1977). The governing equations for eddy kinetic energy and
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eddy available potential energy are:
∂KE
∂t
= CE + CK +BKE +BΦE −DE
∂AE
∂t
= CA + CE +BAE +GE
where KE is the eddy kinetic energy, AE the eddy available potential energy, CE the
conversion of eddy available potential energy to eddy kinetic energy, CK the conver-
sion of zonal kinetic energy to eddy kinetic energy and CA represents the conversion of
zonal available potential energy to eddy available potential energy. The other terms
represent boundary fluxes of energy (BKE, B φE, BAE ) , the generation of eddy
available potential energy by heat sources and sinks (GE) and frictional dissipation
of eddy kinetic energy (DE). Specifically, CK represents the sum of barotropic energy
conversions, CE the baroclinic energy conversions and CA conversions of energy due
to eddy heat flux along the zonal mean temperature gradient.
The energetics of the AEWs has been studied by a number of authors (e.g.
Norquist et al. 1977; Diedhiou et al. 2002; Hsieh and Cook 2007). In the present
work it is of interest to examine the spatial distribution of the conversion terms that
involve baroclinic and barotropic instabilities associated with the jet and with the
surface temperature gradients. Therefore, we are going to consider only the conver-
sions CK , CE and CA. This approach was previously followed by Albignat and Reed
(1980) and Reed et al. (1988). It is important to clarify that a strict analysis of the
energetics of the waves is not intended.


























































where u is the zonal wind component, v is meridional wind, ω is omega, T is temper-
ature, p is pressure, ps is the surface pressure, g is acceleration of gravity, R is the
gas constant for dry air, σ is the mean static stability and y is the northward directed
coordinate. In the above expressions [( )] represents a zonal average of the quantity
( ) and [( )] represents a meridional average of the zonal average. A prime indicates
a deviation from zonal average and an asterisk the deviation of a zonal average from
the area mean.
The spatial distribution of covariances for the leading terms of CK , CE and CA
are calculated for the CTRL, NO ORO and NO CEPG cases. Norquist et al. (1977)
found that the remaining terms in the equations above are one or more orders of
magnitude smaller than the leading term, therefore they are not considered in our
analysis. Bandpass filtering in the 2 – 6 day band at different pressure levels was
performed on the zonal and meridional wind, vertical velocity and temperature in
order to calculate these covariances.
Before discussing the differences in covariances for the model simulations, the







introduced here for the CTRL and for the NO ORO and NO CEPG cases at different
pressure levels. Since the conversion terms contribute to the growth of eddy kinetic
energy, this quantity gives an idea of the strength of the AEWs in the simulations.
Figure 9.8 displays horizontal distribution of eddy kinetic energy associated to AEWs
from the CTRL case at 950-hPa, 850-hPa and 650-hPa. At 650-hPa (the jet level),
EKE attains large amplitudes at the southern flank of the jet. EKE starts to increase
in magnitude from about 10◦E and reaches a maximum of 9 m2s−2 at the coast at
about 10◦N. The distribution of EKE suggests that AEWs that form south of the
jet experience their main growth west from 10◦E and then intensify when they reach
216
the coast. These results partly agree with Albignat and Reed (1980) findings, since
they also found a second amplitude maximum near the Greenwich meridian. Large
amplitudes of EKE also appear north of 20◦N between 20◦E and 30◦E. The existence
of these maxima is also documented in Albignat and Reed (1980), and appears to
coincide with regions of cyclonic circulation and strong shear over north East Africa.
At 850-hPa (Figure 9.8b), the most prominent feature is the existence of two
centers of maximum amplitude over West Africa. The maximum at the north (∼20◦N)
corresponds to the AEWs that form poleward of the AEJ (Pytharoulis and Thorncroft
1999) and the maximum at the south (∼10◦N) correspond to the AEWs that form
equatorward of the AEJ. At the lower level (Figure 9.8c) the maximum amplitude is
located near the African coast on the northern side of the jet (∼20◦N). At this level
AEWs experience their main growth west from 5◦E and reach energy amplitudes of
10 m2s−2. The formation of these waves is associated with the strong low-level θ
gradients and the low static stability over the Saharan region.
Figure 9.9 shows the distribution of EKE associated to AEWs from the NO ORO
simulation. For the NO ORO and the NO CEPG cases only the diagrams at 950 and
650-hPa will be shown because they provide the salient features associated with the
AEWs energetics. At 650-hPa (NO ORO: Figure 9.9a), EKE starts to increase in
magnitude further west than in the CTRL case, at about 0◦, and reaches a maximum
of 7 m2s−2 just off the coast near 10◦N. At 950-hPa (Figure 9.9b), EKE reaches a
maximum value of 10 m2s−2 near the coast at about 15◦N. At this level the distribution
of EKE for this case is quite different from the one observed for the CTRL case,
showing a more elongated east-west shape and a maximum located 5◦ south from
the maximum observed in the CTRL case. These results suggest that barotropic
and/or baroclinic energy conversions near the jet level are reduced when orography
features are removed. Moreover, the spatial distribution of the conversion terms is
also modified. Note that the energy maximum observed at 950-hPa is consistent with
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the maximum of variance shown in Figure 8.6. The analysis of the spatial distribution
of the covariance terms may offer insights into how energy conversions are modified.
Figure 9.10a displays the distribution of EKE at 650-hPa from the NO CEPG case.
At this level, EKE reaches a maximum of 6 m2s−2 off the coast on the equatorward
side of the AEJ. Even though EKE attains values stronger than 2 m2s−2 over West
Africa, larger amplitudes start to develop further west than in the CTRL case. Energy
values stronger than 3 m2s−2 are reached at about 0◦ longitude. At the lower level
(Figure 9.10b), the maximum amplitude is located over West Africa and near the
coast at about 18◦N, where EKE reach values of 9 m2s−2. The distribution of EKE
for this case suggests that baroclinic and/or barotropic conversions of energy are not
as effective as in the CTRL over West Africa near the jet level. Also, baroclinic energy
conversions appear to be slightly impacted near the surface.
The spatial distributions of the ω′T ′ , v′T ′ , u′v′ covariances are now examined
to understand better how the energy conversions are modified in our simulations.
For the purpose of obtaining the most meaningful patterns, the u′v′ covariance is
depicted at 650-hPa, and the ω′T ′ , v′T ′ covariances are depicted at 950-hPa. Norquist
et al. (1977) found that these energy conversions reached maximum values at these
respective levels.
The u′v′ covariance from CTRL (Figure. 9.11a) displays positive values south of
the jet and negative values north of the jet (refer also to Figure 8.2b). Higher values
are observed south of the jet, reaching 3 m2s−2 over West Africa (at about 0◦) and
5 m2s−2 over the ocean. Albignat and Reed (1980) and Reed et al. (1988) found
similar patterns of u′v′ near the jet level. Since the AEJ is characterized by negative
meridional gradients to the south of its axis and positive meridional gradients to the
north, the observed configuration implies a conversion of zonal kinetic energy to EKE
on both sides of the jet. This pattern suggests that barotropic energy conversions
promote the growth of AEWs at the jet level. A minor covariance maximum is also
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present around 30◦E, indicating that barotropic conversions associated with the jet
are also active over East Africa.
The v′T ′ covariance from CTRL (Figure 9.11b) shows negative values over West
Africa and over the ocean between 7◦N and 20◦N. Maximum values are found near
13◦N, 5◦E, reaching 2 ms−1 K. The sign of the covariance in conjunction with the
strong positive meridional gradient of temperature (see Figure 9.7a) implies a con-
version of zonal available potential energy to eddy available potential energy. Hence,
baroclinic energy conversions help maintain AEWs at the lower levels.
The ω′T ′ covariance exhibits negative values over West Africa and near the coast.
Maximum values are found around 17◦N, 18◦W. The sign of this covariance indicates
conversion of eddy available potential energy to EKE north of the jet latitude. The
region of large conversion extends eastward near 5◦E. This pattern is very similar
to the v′T ′ covariance pattern because, as Reed et al. (1977) pointed out, northerly
(southerly) winds are associated with relative warm and dry ascending air (cold and
moist descending air).
Next, we examine the distribution of covariances from the NO ORO and NO CEPG
cases. Figure 9.12 shows the covariances for NO ORO. The u′v′ covariance (Figure
9.12a) displays positive values between 10◦N and 15◦N over West Africa and over the
ocean. Maximum positive values occur near 12◦N, 20◦W (over the ocean), and reach
4 m2s−2. Over West Africa, the covariance reaches values of 1 m2s−2. Negative values
are found north and south of this region. The sign of the covariance associated with
the meridional gradient of zonal wind for this simulation implies a conversion of zonal
kinetic energy to EKE. This diagram reveals that barotropic conversions associated
with the jet, over land, are much weaker in NO ORO than in CTRL, suggesting that
orography constitutes an important factor in the maintenance of the AEWs over the
continent.
Figure 9.12b displays the v′T ′ covariance from the NO ORO case. The highest
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negative values are found at about 15◦N, 15◦W, reaching a value of 3 ms−1 K. This
pattern exhibits an elongated in the east–west shape, similar to that of EKE. Taking
into account the surface distribution of temperature for this case, the sign of the
covariance implies a conversion of zonal to eddy available potential energy. Although
the magnitude of the covariance is similar to that in CTRL over West Africa, the
pattern differs considerably from the one observed in Figure 9.11b.
The ω′T ′ covariance (Figure 9.12c) exhibits a very different structure from that in
CTRL with negative values over Africa that extend along a latitudinal band between
5◦N and 15◦N. Maximum values of about 10 Pa s−1 K are found right at the coast
at 15◦N. This pattern is also similar to that for the v′T ′ covariance. The sign of
the covariance indicates conversion of eddy potential to eddy kinetic energy in this
latitudinal band.
In summary, the removal of orography results in a weaker AEJ and in a different
distribution of surface temperatures. A weakening of the strength of the jet is directly
associated with a reduction in the zonal mean kinetic energy and the available poten-
tial energy, which is going to affect the magnitude of the barotropic conversions near
the jet. In fact, the weaker jet in the NO ORO case leads to weaker PV reversals
impacting the interactions of negative and positive PV gradients that take place near
the jet. At the jet level, the u′v′ covariance over land is weaker in NO ORO than in
the CTRL case, indicating that the barotropic conversion Ck is reduced over land.
West of 10◦W the covariance associated with Ck starts to increase reaching maximum
values off the coast of Africa. In this region, the jet reaches its maximum intensity,
and the meridional gradient of zonal wind increases leading to stronger values of Ck
over the ocean. An examination of the u′v′ covariance and the EKE distribution
at the jet level indicates that most of the wave activity observed at 650-hPa results
from barotropic energy conversions. Furthermore, these barotropic conversions are
weaker in the NO ORO case than in CTRL. At the lower level, the patterns of v′T ′
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and ω′T ′ covariances are very different from the ones observed in the CTRL case
due to changes in the surface temperature distribution. In the NO ORO case the
region of high surface temperatures is located between 10◦N and 20◦N, therefore, the
region of high values of v′T ′ and ω′T ′ covariances are displaced southward from 20◦N,
showing maximum values near 15◦N, 18◦W. The pattern of v′T ′ and ω′T ′ covariances
indicate that weak baroclinic energy conversions take place over land and that strong
baroclinic conversions occur right at the coast where surface temperature gradients
are stronger. The distribution of EKE at the lower level is in agreement with these
patterns, displaying high values of energy at the coast. These results suggest that low
level waves own their maintenance and development to baroclinic energy conversions.
Moreover, the pattern of covariances associated with barotropic and baroclinic energy
conversions is in strong agreement with the distribution of meridional wind variance
in the 2 – 6 day band (Figure 8.7). The intensification of barotropic conversions at
the jet level and baroclinic conversions at the lower level right at the coast, explain
the maximum of variance observed in this region.
Figure 9.13 shows the covariances from the NO CEPG case. The u′v′ covariance
(Figure 9.13a) exhibits positive values south of the jet along 8◦N and weaker nega-
tive values north of the jet. Positive values reach 2.5 m2s−2 over the ocean and at
different regions over land, meaning that the horizontal momentum flux is weaker
in NO CEPG than in CTRL. Another important feature from this diagram is the
lack of intensification of the momentum flux near the African coast. Considering the
distribution of zonal wind, the sign of the covariance suggests a conversion of zonal
kinetic energy to EKE. This pattern indicates that barotropic conversions associated
with the jet decrease in the NO CEPG case.
The v′T ′ covariance from NO CEPG (Figure 9.13b) is negative over West Africa
and right at the coast between 10◦N and 20◦N. Highest values (∼ -1.5 ms−1 K)
observed over West Africa at about 13◦N, 5◦W are slightly weaker than the values
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observed in CTRL. Another difference between this pattern and the one shown in
Figure 9.11b is that the values of this flux start increasing further east in the CTRL
case.
The ω′T ′ covariance at 950-hPa exhibits large values north of the jet, with a
maximum (∼6 Pa s-1 K) at about 18◦N, 18◦W. Over West Africa the values tend
to be weaker than in CTRL. The sign of the covariance indicates conversion of eddy
potential to eddy kinetic energy in this region.
In summary, the removal of CEPG results in a displacement of the jet by about
3◦ to the south. A southward displacement of the jet implies a debilitation of the
interaction between the negative PV gradients at the jet level and the θ gradients at
the surface impacting the baroclinic conversions at the lower levels. An examination
of the v′T ′ and ω′T ′ covariances at 950-hPa confirms a decrease in the baroclinic
energy conversions CE and CA when compared to the CTRL case. As a result, the
distribution of EKE at the lower levels, which is mostly the result of baroclinic wave
growth, shows slightly weaker values than in the CTRL. A reduction of the CEPG
and the displacement of the jet also impacts the precipitation processes.
According to Grist and Nicholson (2001) a southward displacement of the jet is
associated with ′′dry′′ conditions over West Africa. Since the CE term is related
to an upward movement of warm air due to convective processes, a decrease in the
magnitude of the ω′T ′ covariance could be related to a decrease of latent heat release.
At the jet level, the pattern of u′v′ covariance indicates that barotropic conversions
are active south of the jet westward from 30◦E. The magnitude of these conversions
are weaker than in CTRL, which translates into a reduction of EKE and variability
of meridional wind (Figure 8.14) in the 2 – 6 day band south of the jet at 650-hPa.
This work has shown the importance of orography in creating meridional surface
temperature gradients and a defined AEJ that favor the growth and maintenance of
AEWs through barotropic and baroclinic energy conversions. Moreover, it has been
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shown that the magnitude of the CEPG over the Eastern Atlantic Ocean regulates the
location of the AEJ, which is going to control the magnitude of the energy conversions
that lead to the development of AEWs. A weak CEPG is expected to impact the
connection that exists between the convection activity that takes place south of the
jet and the maintenance of AEWs, although here this aspect is not treated and
requires further investigation. Finally, we only studied the role of orography and
CEPG in African easterly wave genesis and maintenance focusing on processes related
to the dynamical stability of the jet and to the distribution of surface temperature
gradients. Whereas the study here is not exhaustive, it has identified two major







































































Figure 9.1: Meridional cross-section of potential temperature at 5◦E and Ertel
PV from CTRL. For the PV only values between 0.1 and 0.4 are plotted. Contour
intervals are 5K, 0.05 PVU (1 PVU = 10−6 m2Ks−1 kg−1)
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Figure 9.2: Mean horizontal distribution of potential temperature at 950-hPa from
CTRL. Contour interval is 2 K.
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Figure 9.4: Meridional cross-section of potential temperature at 5◦E and Ertel PV
from a) NO ORO. b) NO CEPG. For the PV only values between 0.1 and 0.4 are
plotted. Contour intervals are 5K, 0.05 PVU (1 PVU = 10−6m2Ks−1 kg−1).
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Figure 9.5: Mean horizontal section of PV at 315 K from a) NO ORO. b)
NO CEPG. Contour interval is 0.5 PVU
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Figure 9.6: Regions of negative PV gradients at 315 K from a) CTRL. b) NO ORO




Figure 9.7: Mean horizontal distribution of potential temperature at 950-hPa from





















































Figure 9.8: Mean EKE from CTRL at a) 650-hPa. b) 850-hPa c) 950-hPa. Contour




































Figure 9.9: Mean EKE from NO ORO at a) 650-hPa. b) 950-hPa. Contour interval




































Figure 9.10: Mean EKE from NO CEPG at a) 650-hPa. b) 950-hPa. Contour

















































a)  u’v’  650-hPa
b)  v’T’ 950 h-Pa
c) w’T’ 950-hPa
Figure 9.11: Covariances for the 2 – 6 day band from CTRL of a) zonal and
meridional winds (m2 s−2) at 650-hPa; b) meridional wind and temperature (m2
s−1 K) at 950-hPa; c) omega and temperature (10−2 Pa s−1 K) at 950-hPa. Contour




















































a)  u’v’  650-hPa
b)  v’T’ 950 h-Pa
c) w’T’ 950-hPa
Figure 9.12: Covariances for the 2 – 6 day band from NO ORO of a) zonal and
meridional winds (m2 s−2) at 650-hPa; b) meridional wind and temperature (m2
s−1 K) at 950-hPa; c) omega and temperature (10−2 Pa s−1 K) at 950-hPa. Contour


















































a)  u’v’  650-hPa
b)  v’T’ 950 h-Pa
c) w’T’ 950-hPa
Figure 9.13: Covariances for the 2 – 6 day band from NO CEPG of a) zonal and
meridional winds (m2 s−2) at 650-hPa; b) meridional wind and temperature (m2
s−1 K) at 950-hPa; c) omega and temperature (10−2 Pa s−1 K) at 950-hPa. Contour




CONCLUSION AND CONCLUDING REMARKS
Part I
The large features of the mean state of the summer monsoon were investigated in
response to different configuration of SST during the last century. The ICTP AGCM
was forced by monthly varying SST from the NOAA Extended Reconstructed SST
dataset over the period 1930 - 2000. In addition to the Control (CTRL) experiment,
four major ensemble experiments have been carried out with different SST forcing.
The four periods COLD, MODERATE, WARM, and BUMP are the basis of the
experiments and were chosen to allow the largest changes in boundary forcing to
be isolated and to test if there is any influence on the monsoon precipitation. The
BUMP experiment in particular, uses as boundary conditions that period where there
may have been a large scale global oscillation in the SST. Analysis of the CTRL
simulation reveals that the large-scale circulation associated with the Asian monsoon
is reasonably well simulated.
In the COLD configuration, the SST distribution causes a large scale shift of di-
vergence and convergence centers along the equator relative to the CTRL experiment.
This shift is accompanied by a weakening of the zonal vertical shear over south Asia,
a weakening of the meridional vertical shear over the eastern Indian Ocean and a
weaker low level cross-equatorial flow. In addition, both the transverse circulation
and the Walker Circulation suffer an eastward shift of their ascending branch, gener-
ating anomalous subsidence over the equatorial eastern Indian Ocean, Bay of Bengal
and the Indian subcontinent and anomalous upward motion over southeast Asia. This
anomalous circulation results in a reduction in convective activity and precipitation
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over India and Bay of Bengal relative to the CTRL case and in enhanced precipitation
over southeast Asia. Overall, the circulation patterns associated with the COLD SST
distribution are consistent with a weakening of the monsoon.
In the MODERATE case, the SST distribution causes a larger impact on the
large scale divergence and convergence pattern than in the COLD case and generates
stronger anomalous divergence (convergence) over south Asia, southeast Asia and the
western equatorial Pacific and anomalous convergence (divergence) over the eastern
Pacific and the Americas in the lower troposphere (in the upper troposphere). This
anomalous pattern is consistent with a weaker monsoon circulation. SLP gradients
associated with the SST induce a stronger cross-equatorial flow and weaker low level
westerlies than in the CTRL case. Moreover, decreased easterlies are found in the
central equatorial Indian Ocean and the meridional vertical shear also decreases over
the Bay of Bengal. For this case, the transverse circulation shows anomalous subsi-
dence over Bay of Bengal and southeast Asia and weak anomalous upward motion
over the Arabian Sea. The Walker Circulation exhibits anomalous subsidence over the
west Pacific and increased upward motion over Indonesia. The local eastern Hadley
circulation also exhibits anomalous subsidence over Bay of Bengal. This anomalous
circulation results in decreased precipitation over Bay of Bengal, southeast Asia and
the western equatorial Pacific and increased precipitation over Indonesia.
In the WARM configuration SSTs are almost universally warmer than in CTRL
with the exception of the North Pacific. The SLP anomalous gradients favor an in-
crease in low level westerlies over the northern-central Indian Ocean. In the upper
troposphere increased easterlies are also observed over this same region. Furthermore,
the cross-equatorial low level flow shows no substantial differences with the CTRL
case. The velocity potential fields for this case display low level increased convergence
and upper level increased divergence over the eastern Bay of Bengal and southeast
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Asia, consistent with a stronger monsoon. In a coherent manner, the transverse circu-
lation and the local eastern Hadley circulation exhibit anomalous upward motion over
the southeast Asia and eastern Bay of Bengal and the transverse circulation exhibits
anomalous downward motion over India. The Walker Circulation shows increased up-
ward motion over the eastern portion of its ascending branch and diminished upward
motion over Indonesia. This anomalous circulation derives in enhanced precipitation
over southeast Asia and the eastern Bay of Bengal and decreased precipitation over
India.
In the BUMP case, large SSTs anomalies are found in the northern Pacific and
Atlantic Oceans. SSTs anomalies are slightly negative in the northern Indian Ocean
and slightly positive in the southern Indian Ocean. The associated SLP distribution
depicts strong positive SLP anomalies over south Asia and the northern Indian Ocean,
resulting in a decreased cross-equatorial pressure gradient relative to the CTRL. The
resulting wind fields show weaker low level westerlies and weaker upper level easterlies
over south Asia. Moreover, meridional vertical shear also decreases over the eastern
Indian Ocean. Velocity potential fields show decreased low level convergence and
decreased upper level divergence over south Asia. For this case, the transverse cir-
culation and the local eastern Hadley circulation exhibit anomalous subsidence over
southeast Asia, Bay of Bengal and the Indian subcontinent. The ascending branch
of the Walker Circulation over the western Pacific also weakens in this case. The
weakening of the ascending branch over south Asia results in a consistent weakening
of precipitation. Overall, this pattern is consistent with a weakening of the monsoon.
The results demonstrate that the response of the Asian monsoon to SST changes is
somewhat complex and confirm the importance of SST distribution in regulating the
strength of the Asian monsoon. SST gradients constitute a key factor for controlling
the intensity of the monsoonal winds and the strength of the divergent circulations.
The SST variability impacts the monsoon system through changes in the circulation
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and through changes in the moisture distribution and availability. A moisture trans-
port analysis was also carried out to relate the changes in the large-scale tropical
circulation with the changes in precipitation.
The VIMT analysis shows that the SST distribution affects the moisture distri-
bution through an alteration of the low level flow. Largest differences in the VIMT,
that are important for the monsoon rainfall variability, are observed in the interhemi-
spheric component and in the zonal components across the northern Indian Ocean. In
the MODERATE experiment, stronger cross-equatorial SLP pressure gradients lead
to stronger interhemispheric VIMT flow over the western Indian Ocean. However,
for this case, the zonal flow across the northern Indian Ocean is reduced and the
transport of moisture from the western Indian Ocean to the eastern Indian Ocean is
also reduced, limiting convergence of moisture flux over this region. In the COLD
and BUMP experiments, a reduction in the SLP gradient over the western Indian
Ocean results in a reduction in the interhemispheric VIMT flow, strongly impacting
the convergence of moisture flux over the Indian peninsula. Furthermore, zonal flows
across the northern Indian Ocean are also highly reduced. Finally, in the WARM
experiment, the SLP gradient is similar to the CTRL and differences in the inter-
hemispheric VIMT flow are less dramatic than in the other experiments. Moreover,
zonal flow in the northern Indian Ocean is stronger than in CTRL, and zonal VIMT
flux increases. In this case, convergence of moisture flux is favored over portions of
the Bay of Bengal and Southeast Asia.
These results suggest that the changes imposed by the SST distribution on the
monsoon circulation could affect the convergence of moisture into the continental
regions. In the WARM experiment, the reduction in convective processes over the
Indian subcontinent could be associated with a modification of the divergent circu-
lations which affect the ascending motion over this region and the associated flux of
moisture. Our model simulation, however, does no show significant changes in the
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moisture transport into India, perhaps due to the poor representation of the wester-
lies that blow from the ocean into the Indian peninsula. Further work with a regional
model needs to be done to better understand the recent changes in moisture availabil-
ity over India. Finally, it is important to highlight the advantage of our experimental
design. The ICTP AGCM with its coarse resolution is a valuable tool to investigate
large-scale climate variability.
Part II
In Part 2, we utilized the WRF regional model to investigate the role of orography
and cross equatorial pressure gradients induced by SST in the genesis and mainte-
nance of AEWs. For this purpose we conduct idealized modeling experiments where
topography and SST distribution are selectively added and removed. Given the na-
ture of the problem and the scale of the phenomenon to be studied, the ICTP AGCM
used in Part 1 was not appropriate.
A comparison of the CTRL simulation with observations show that the model sim-
ulation portrays the mean climatological features observed during the boreal summer
over Africa, providing a reasonable representation of the AEJ structure. Regarding
the structure of AEWs, the model is able to portray westward propagating distur-
bances with wavelentghts and phase speeds between the observed ranges of AEWs and
with a distinctive period of 2 – 6 days. Moreover, the model resembles a meridional
circulation that is consistent with the existence of a strong cross-equatorial pressure
gradient over the Eastern Atlantic.
We compare the structure of the AEJ, statistical features of AEWs and the struc-
ture of surface temperatures between the CTRL case and the two additional experi-
mental simulations: NO ORO (referring to the removal of orography) and NO CEPG
(referring to the reduction of the cross equatorial pressure gradient).
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When orography is removed, the structure of the AEJ changes considerably show-
ing a weaker jet with a maximum located 3◦ south of the jet core in CTRL. Other
climatological features, that are the TEJ and the Harmattans, also appear to be
weaker in NO ORO. Moreover, westward propagating disturbances depict differences
in structure and strength relative to the CTRL case. The removal of orography also
impacts the distribution of surface temperature, favoring a reduction of the region of
highest temperature relative to the CTRL.
Spectral analysis results show that the variability associated with AEWs (2 – 6
day band) is reduced over East Africa and West Africa at the lower level (850-hPa)
and increases at the coast near 15◦W, 12◦N when orography is removed. Reduced
variance is evident west of 20◦E along the southern flank of the jet and north of 20◦N
over East Africa and West Africa at the jet level.
The SST maximum is located at the Equator and coincides with the sea level
pressure minimum when the CEPG gradient is reduced. As a result the low level
westerly flow is weaker than in CTRL and the contour of zero absolute-vorticity
displaces southward in agreement with the inertial instability mechanism (e.g. Tomas
and Webster 1997). In the NO CEPG the general shape and intensity of the AEJ
is similar to that in CTRL, however its mean latitudinal location displaces to the
south, consistent with a reduction in the CEPG. These results confirm the idea that
the structure of the AEJ is linked to changes in the SST gradient (Nicholson and
Webster 2007). Furthermore, the distribution of surface temperature over land is the
same as in the CTRL case.
An examination of the statistical features of the AEWs for the NO CEPG case
shows that the SST distribution also impacts the AEW variability. At the lower level,
a large reduction of variance in the 2 – 6 day band is found at the coast and also over
East Africa. At the jet level, the reduction in variance is more evident south of the
jet and west of 10◦E.
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A comparative analysis of the dynamical instability of the AEJ and of the ener-
getics of AEWs between the three experiments was done in order to explore changes
in AEW variability associated with the removal of orography and the reduction in
the CEPG. Burpee (1972) and others have shown that the AEJ satisfies the Charney
and Stern (1962) instability criterion, and that the jet supports westward propagating
disturbances evolving through both barotropic and baroclinic energy conversions.
An analysis of the mean PV and θ structure for each of the experiments shows that
for the three cases the Charney-Stern and Fjortoft necessary conditions for instability
are satisfied. However, in the NO ORO case the area of negative PV gradients is
reduced in conjunction with the magnitude of the reversals, suggesting a weakening
of barotropic energy conversions. Moreover, the structure of the surface θ is also
different from that in CTRL, showing a reduction in the θ gradients north of 14◦N. In
the NO CEPG case the distribution of negative PV and θ gradients is comparable to
that on the CTRL case over land. Over the ocean, negative PV gradients are highly
reduced relative to the CTRL case.
In the NO ORO case, the resulting weaker AEJ leads to weaker PV reversals
impacting the interactions of negative and positive PV gradients and the associated
barotropic conversions that take place at the jet level over East and West Africa. At
the lower level, the changes in the surface temperature distribution relative to the
CTRL case, originate changes in the baroclinic energy conversion over land. These
changes result in a weakening of barotropic conversions at the jet level and a weaken-
ing of baroclinic conversions at the lower level over land, consistent with a reduction
of wind variance in the 2 – 6 day band over East and West Africa. Right at the coast,
the intensification of barotropic conversions at the jet level and baroclinic conversions
at the lower level explain the maximum of variance observed in this region.
In the NO CEPG case, the reduction of CEPG results in a displacement of the AEJ
by about 3◦ to the south. A southward displacement of the jet implies a debilitation of
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the interaction between the negative PV gradients at the jet level and the θ gradients
at the surface, which results in a reduction of baroclinic conversions at the lower levels.
At the jet level, the barotropic conversion is also weaker than in the CTRL case. The
southward displacement of the jet is also related with a reduction in precipitation over
West Africa. The reduction in the baroclinic conversions could also be associated with
a decrease of latent heat release due to drier conditions over West Africa. This aspect
grants further investigation.
The role of orography and the CEPG in African easterly wave genesis and main-
tenance was studied focusing on processes related to the dynamical stability of the
jet and to the distribution of surface temperature gradients. Results show the impor-
tance of orography in creating meridional surface temperature gradients and a defined
AEJ. The former determines the magnitude and structure of the baroclinic conver-
sions and the latter controls the barotropic conversions. It has also been shown that
the magnitude of the CEPG over the Eastern Atlantic Ocean regulates the location
of the AEJ and as a result the magnitude of the energy conversions that lead to AEW
growth.
Other aspects that are important in the generation of AEWs and need to be
addressed in relation to the impact of the orographic features and the magnitude of
the CEPG are: the association with the convective activity that takes place south of





Table A.1: Definitions of monsoon indices used in this study
Index Definition
AIMR Seasonally averaged precipitation over all Indian sub-
divisions from June to September (Parthasarathy et al
1992)
WYI Vertical zonal wind shear between 850 and 200-hPa,
U850-U200, averaged over the south Asia region 0◦-
20◦N, 40◦-110◦E (Webster and Yang 1992)
MHI Vertical meridional wind shear between 850 and 200-
hPa, V850 V200, averaged over 10◦-30◦N, 70◦-110◦E
(Goswami et al. 1999)
WSI Vertical zonal wind shear between 850 and 200-hPa,
U850 U200, averaged over 5◦-20◦N, 40◦-80◦E (Wang
and Fan 1999)
SOM1 Square root of the area mean wind speed at 850 hPa in
the region 5◦S - 20◦N, 50◦E - 70◦E (Boos and Emanuel
2009)
SOM2 Area mean meridional wind at 925-hPa in the region
5◦S- 5◦N, 40◦E-60◦E
CEPG Difference in sea level pressure between 20◦N and 20◦S
along the 60◦E longitude)
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